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Abstract 
In this study we investigate temperature and temperature-related density variations in the 
subcrustal mantle below southern Norway and discuss the possible tectonic implications.  
In the first part a method is adapted and further refined to compute temperature and 
temperature-related density of the lithospheric mantle in stable domains. The one-
dimensional steady-state heat equation is used with data of topography, Moho depth, crustal 
density and surface heat flow in order to calculate lithosphere geotherm, lithosphere 
thickness and mantle densities. From the temperature and density distribution we also 
calculate synthetic seismic shear-velocities. To estimate crustal heat production and the 
degree of chemical depletion of the mantle a condition of local isostasy and geoid heights are 
used as modelling constraints. The method is based on a priori assumptions of thermal 
steady-state and local isostatic equilibrium. 
Results derived from this method show that the lithosphere below southern Norway thickens 
from west to east. The thin western part has higher temperatures, lower densities and lower 
synthetic shear-velocities than the thick eastern part, compatible with results from a recent P-
wave travel time residual study. In the thinner western part we also predict a low-velocity 
zone at the lithosphere asthenosphere boundary, which tapers out towards the central 
Fennoscandian Shield, in good agreement with Rayleigh wave dispersion analysis for the 
area. The average mantle density is 3.36 g/cm
3
 at standard pressure and temperature, which 
is typical for both Proterozoic and Phanerozoic mantle lithospheres. 
In the second part an inversion of seismic S-wave velocities to temperature and temperature-
related density is performed using new regional tomographic data for northern Europe. The 
Vs inversion infers temperatures up to 1500°C associated with the low-velocity anomaly 
below southern Norway and extremely low temperatures in the East European Craton. 
Changes in dry mantle composition cannot explain the low-velocity anomaly below southern 
Norway, whereas an Archean composition can partly explain high velocities in the East 
European Craton. The large variation in inverted temperatures suggests that amplitudes of 
the seismic velocity anomalies are exaggerated and cannot be completely explained by 
variations in physical parameters. The flow pattern of the inverted temperatures still favours 
a thermal interpretation of a broad asthenospheric upwelling below southern Norway.  
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Sammendrag 
I denne oppgaven undersøker vi variasjoner i temperatur og tetthet i litosfæren i Sør Norge 
og diskuterer de mulige tektoniske betydningene av disse. 
I den første delen videreutvikles en metode som beregner temperatur og temperaturrelaterte 
tetthetsvariasjoner i den litosfæriske mantelen i stabile kontinentale områder. Vi bruker den 
endimensjonale varmelikningen sammen med topografi, Moho dyp, skorpetetthet og 
varmestrømning ved overflaten for å beregne geotermen, tykkelsen av litosfæren og tettheter 
i mantelen. Fra variasjonene i temperatur og tetthet beregner vi syntetiske seismiske 
skjærhastigheter. For å anslå varmeproduksjon i skorpen og kjemisk utarming i mantelen 
bruker vi høyden på geoiden (gravitasjonspotensialet) og lokal isostasi til å begrense 
variasjoner i modellen vår. Metoden er basert på antakelser om termal likevekt og lokal 
isostatisk likevekt. 
Våre resultater viser at litosfæren under det sørlige Norge øker i tykkelse fra vest til øst. Den 
tynne delen i vest har høyere temperatur, lavere tetthet og lavere syntetisk skjærhastighet enn 
den tykke delen i øst. Dette mønsteret samsvarer med resultater fra en nylig seismisk 
undersøkelse av gangtid for P-bølger. I den tynnere vestlige delen forutsier våre resultater en 
lavhastighetssone ved grensen mellom litosfæren og astenosfæren. Denne sonen minker mot 
øst, hvilket samstemmer med studier av Rayleigh-bølger i dette området. Gjennomsnitts-
tetthet av mantellitosfæren ved standard trykk og temperatur er beregnet til 3.36 g/cm
3
, 
hvilket er typisk for litosfærer av både fanerozoisk og proterozoisk alder. 
I den andre delen utfører vi en direkte inversjon av skjærbølgehastigheter til temperatur og 
temperaturrelaterte tettheter. Til dette bruker vi data fra en ny regional tomografisk modell 
for Nord-Europa. Denne inversjonen gir temperaturer opp til 1500°C assosiert med en 
lavhastighetsanomali under det sørlige Norge og ekstremt lave temperaturer i det baltiske 
skjoldet. Variasjoner i kjemisk sammensetning av mantelen kan ikke forklare de lave 
hastighetene under Sør-Norge, mens en arkaisk sammensetning delvis kan forklare de høye 
hastighetene i det baltiske skjoldet. De store variasjonene i inverterte temperaturer tyder på 
at amplitudene til de seismiske hastighetsanomaliene er overdrevne og ikke kan forklares av 
variasjoner i fysiske parametre alene. Strømningsmønsteret i de inverterte temperaturene kan 
tolkes som en bred og desentralisert astenosfærisk oppstrømning under det sørlige Norge.  
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Chapter 1. Introduction 
1.1 Purpose of study 
The Scandinavian Mountain Range (the Scandes) is located on the northwestern rim of the 
Fennoscandian Shield, relatively far away from the plate boundaries of Eurasia. The 
mountain range extends more than 1400 km with rugged topography and peaks as high as 
2500 m (cf. Figure 1.1 ). From plate tectonics we can explain high topography in collision 
zones and along plate boundaries quite well. Contrary to this, it is enigmatic why we find an 
extensive mountain chain in the tectonically quiet Scandinavia. The origin of high 
topography in Scandinavia, and along other parts of the North Atlantic passive margins, is 
therefore passionately debated (e.g. Lidmar-Bergström and Bonow 2009, Nielsen et al. 
2009a, Nielsen et al. 2009b). 
The formation and preservation of topography is not merely a crustal process and often the 
surface expression of much deeper activity. To understand more about the physical processes 
shaping the surface, we must therefore know the properties of the mantle.  
It is the aim of this thesis to shed some light on the thermal structure and density of the upper 
mantle below the southern Scandes and discuss the possible tectonic implications. 
 
 
Figure 1.1: Topography of the Scandinavian mountain range (the Scandes) and adjacent areas from 
ETOPO2 (NOAA NGDC 2001).  
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1.2 Tectonic context of the Scandinavian mountains 
The crustal blocks of northern continental Europe were assembled in early Paleozoic times 
by the collision of Baltica, Avalonia and Laurentia. Baltica became attached to Eastern 
Avalonia by closure of the Tornquist Sea, and later collided with Laurentia in the Caledonian 
Orogeny, closing the Iapetus Ocean (Cocks and Torsvik 2005). Today, the Trans-European 
Suture Zone between Avalonia and the East European Craton (Baltica) extends from the 
Black Sea to the North Sea, where it meets with the Iapetus Suture in a triple junction (cf. 
Figure 1.2). 
In the late Carboniferous and early Permian the Laurasian plate (Baltica-Laurentia) collided 
with Gondwanaland and formed the supercontinent Pangaea. Almost coincident with its 
assemblage the continent started rifting apart (e.g. Doré et al. 1999). Break-up began along 
the central Atlantic axis in the Jurassic Period (e.g. Plant et al. 2003). This eventually led to 
the formation of the present-day configuration of the continents.  
On a more local scale, one of the most important events that formed the crustal structure of 
the Scandes is the Caledonian orogeny and its later extensional collapse in the Devonian. 
Other important events are the failed rifting of the Oslo Graben in Carboniferous and 
Permian times, and break-up of the North East Atlantic in the Eocene. This break-up was 
nearly parallel to the Caledonian suture system and fold belt (Doré et al. 1999).  
According to many authors there has been two episodes of uplift of the North Atlantic 
margins in Cenozoic times (Japsen and Chalmers 2000). A Paleogene episode is often 
associated with the break-up and emplacement of the Iceland plume. The later Neogene 
uplift event is more debated and its mechanism uncertain. Several models have been 
proposed to explain Cenozoic uplift, among these diapirism associated with the Iceland 
plume (Rohrman and van der Beek 1996), lithospheric delamination and magmatic 
underplating (Nielsen et al. 2002) and modification of the Caledonian topography (Nielsen et 
al. 2009b). 
No matter the extend and timing of uplift, the onset of glaciation in Pliocene-Pleistocene 
times led to increased erosion. Glaciers carved out the high peaks and deep valleys of the 
Scandes and transported enormous amounts of sediments to the continental shelf. Present-
Chapter 1. Introduction 
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day Scandinavia is rebounding due to glacial isostatic adjustment with maximum uplift of 
around 8 mm/yr in the Gulf of Bothnia and a minimum of 0-1 mm/yr in western Norway 
(Fjeldskaar et al. 2000). 
 
Figure 1.2: Schematic tectonic overview. Thick black dashed lines indicate identified suture zones of 
Avalonia, namely Iapetus suture (ISZ) to Laurentia and the Trans-European-Suture-Zone (TESZ) and 
Thor Suture (ThS) to Baltica. Alternative boundaries (thinner dash–dot lines) include the Dowsing-
SouthHewett Fault Zone (DSHZ) and the Sorgenfrei-Tornquist Zone (STZ). The grey dotted line marks 
today’s continental margin (CM, following 500m bathymetry) and grey dashed lines internal 
deformation fronts within the Baltica plate related to Archean-Svecofennian (ASF) (~2 Ga), 
Svecofennian–Sveconorwegian (SNF) (~1 Ga) and Caledonian (CTF) (~450–500 Ma) orogenies. (Figure 1 
from Weidle and Maupin 2008).  
1.3 Recent geophysical investigations in southern Norway 
To decipher the origin of the Scandinavian Mountains it is important to know if the 
topography is compensated by low density material at greater depths and how this material 
came into place. Gravity and isostatic modelling in southern Norway suggest that low-
density material is present in the upper mantle (Ebbing and Olesen 2005, Ebbing 2007), but 
provides no information on the volume of this material or whether the low densities are 
caused by high temperature or anomalous composition. In the northern Scandes topography 
seems to be compensated by low density material in the crust without involving deeper 
sources (Ebbing and Olesen 2005). Hence, we will concentrate on the southern Scandes. 
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Seismic refraction experiments in southern Norway show that the topography is 
compensated by crustal thickness to first order, but the highest topography and deepest 
Moho do not coincide (Stratford et al. 2009). A receiver function study for the same area 
infers up to 5 km thicker crust and therefore full compensation of the topography from 
crustal thickness (Svenningsen et al. 2007). 
In the upper mantle a new regional surface wave tomography of Weidle and Maupin (2008) 
shows a pronounced low-velocity anomaly below southern Norway, which is possibly 
connected to the Iceland hot spot (cf. Figure 1.3). Also, P-wave travel time residuals from 
southern Norway show a sharp transition between a western part with late arrivals and an 
eastern part with early arrivals (Bondo Medhus et al. 2009) (cf. Figure 1.4). This is 
interpreted to be due to high velocities in the shield lithosphere east of the Oslo Graben and 
low velocities in the possibly thinner and less dense lithosphere west of the Oslo Graben 
(Bondo Medhus et al. 2009).  
 
Figure 1.3: Map view at 115 km depth through the Vsv model. Dark red lines indicate locations of cross-
sections. From Figure 15 in Weidle and Maupin (2008). 
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Figure 1.4: Interpreted lithospheric transition zone (hatched), with mean P-residuals after topographic 
and crustal corrections (Figure 7 from Bondo Medhus et al. 2009). 
1.4 Outline of this thesis 
In this study we investigate the thermal structure and density of the lithospheric mantle 
below southern Norway using two complementary methods. 
The first method uses input data of topography, Moho depth, geoid heights and average 
surface heat flow along with conditions of local isostasy and thermal steady-state. The 
method is adapted from the work of Pascal (2006) who coupled the equations of thermal 
equilibrium and local isostasy to compute gravitational potential stresses in the lithosphere. 
The main difference between this work and that of Pascal (2006) is that geoid heights are 
used as an additional constraint to provide a unique solution of temperature and density. 
Moreover, all equations are solved numerically and shear-velocities are predicted to ease 
comparison with seismic data. An overview of input, output and basic assumptions is given 
in Table 1.1. The application of the method is confined to southern Norway because the 
assumption of local isostasy breaks down in central Scandinavia due to the significant glacial 
isostatic rebound and large elastic thickness of the lithosphere. 
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The other method is a direct inversion of S-wave velocities obtained in tomographic studies 
to temperature using experimental data from mineral physics. This method is adopted from a 
work of Goes et al. (2000) and Table 1.2 presents a summery. 
We review the theoretical background of both methods in Chapter 2. In Chapter 3 the final 
code of the geoid-isostasy method is presented with an analysis of sensitivity and results for 
southern Norway. Chapter 4 treats the adoption and recoding of the temperature inversion by 
Goes et al. (2000) and results from this approach. Similarities and differences between 
results from the two methods are discussed in Chapter 5 with main conclusions. 
 
 Table 1.1: Overview of geoid-isostasy method. 
Geoid-isostasy method (adapted from Pascal (2006)) 
 
Input data: Geoid heights (gravity potential), surface heat flow, topography, 
Moho depth, crustal density and various parameters. 
 
Output: Temperature, density and synthetic S-wave velocity. 
 
Assumptions: Thermal steady-state and local isostatic equilibrium. 
 
Can be applied to: Stable domains with not too large elastic thickness of the lithosphere. 
 
Table 1.2: Overview of inversion of S-wave velocity to temperature. 
Inversion of S-wave velocity to temperature (adopted from Goes et al. (2000)) 
 
Input data: S-wave velocity, elastic moduli and thermal expansion coefficients of 
mantle minerals (ol, opx, cpx, sp, gt).  
  
Output: Temperature and density in the uppermost mantle.   
 
Assumptions: All velocity variations are ascribed to temperature. The code neglects 
the effects of partial melt, hydrated minerals, volatiles, anisotropy etc. 
 
Can be applied to: Upper mantle to depths of 180-200 km. 
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Chapter 2. Theoretical background 
In this section we review the theoretical background of the two methods used in this work. 
The geoid-isostasy code also forward calculates seismic velocities from the solution of 
temperature and density. This forward calculation is based on the same assumptions and 
parameters as the direct inversion of S-wave velocities to temperature.  
Some technical details are confined to Appendix 1. To ease reading a list of symbols is 
included in Appendix 2 with values of various constants and references. 
2.1 Definitions of the lithosphere 
The lithosphere is considered to be the cold outer shell of the Earth that behaves rigid on 
geological time scales. Different physical parameters are used to define the lithosphere, 
which can give rise to some confusion regarding what is meant by the thickness of the 
lithosphere (Anderson 1989).   
Mechanically the lithosphere is the outer layer which can support stresses elastically. The  
thickness of the mechanical plate depends on both the size of the load and the duration of 
loading (Anderson 1989, Watts 2001). Seismologically we define the lithosphere as the outer 
layer with higher seismic velocities than the underlying low-velocity zone, usually 
interpreted as the asthenosphere. This layer may or may not coincide with the chemical 
lithosphere, which comprises the crust and the depleted upper mantle (Anderson 1989, 
O'Reilly et al. 2001). Tectonically, the lithosphere is the coherent unit of crust and upper 
mantle that drifts upon the asthenosphere through geological history. 
A thermal interpretation of the lithosphere is as a conductive boundary layer above the 
convecting mantle. Figure 2.1 shows three possible definitions of the thickness of the 
thermal lithosphere (Jaupart and Mareschal 2007). The upper part where heat is transported 
only by conduction has a thickness h1. The entire thermal boundary layer, including the 
partly convecting lower part, has a thickness h3 (Figure 2.1). An intermediate thickness is h2, 
which is the intercept between the mantle adiabatic temperature profile and the lithosphere 
geotherm (Jaupart and Mareschal 2007). Another possibility is to define the lithosphere as 
Chapter 2. Theoretical background 
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the depth to a given isotherm, typically 1300°C, which is usually done for the oceanic 
lithosphere (e.g. Turcotte and Schubert 2002).  
In this study we model the thermal structure of the lithosphere and will therefore use a 
thermal definition of the lithosphere. For our modelling purposes it is convenient to choose 
the intercept definition, corresponding to h2 in Figure 2.1. In this we differ from the 
modelling of Pascal (2006) who used the isotherm definition of the thermal lithosphere.  
 
Figure 2.1:  Definitions of the thermal lithosphere from Jaupart and Mareschal (2007). 
2.2 Heat flow and temperature in the continental 
lithosphere 
The heat flow we measure on the surface of the Earth is the surface expression of the 
temperature distribution at depth. Hence, the first step to calculate temperature in the 
lithosphere is to find equations that relate surface heat flow and temperature.  
The general equation governing the temperature field in space and time T(x,t) in any medium 
is (e.g. Turcotte and Schubert 2002)  
 
pc
A
TTv
t
T

 


)(

 (2.1) 
where v

 
is the particle velocity, κ is the thermal diffusivity, A is the heat production pr 
volume and time unit, cp is the specific heat capacity at constant pressure and ρ is the density 
of the medium. Thermal diffusivity κ is given by pck  / , where k is the thermal 
conductivity. 
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In equation (2.1) the time derivative describes how the temperature field changes with time 
and the convective derivative Tv 

describes how the temperature of a particle moving in 
the field changes with position. We recognize )( T   as the part of the equation that 
describes heat flow by conduction and A/ρcp as the part that governs heat production in the 
field. 
In the continental lithosphere conduction is the dominant heat transfer mechanism. Hence, v

 
 
can be taken to be zero and the term Tv 

 vanishes. In addition, the lithosphere is often 
assumed to be in a condition of thermal steady-state, implying 0/  tT . The thermal time 
constant for thermal relaxation of the lithosphere is estimated to be 100-500 Myr (Morgan 
1984). Thus, we can assume steady-state or quasi steady-state for areas with no 
tectonothermal activity the last few 100 Myr. In the continental lithosphere equation (2.1) 
thus simplifies to 
 
pc
A
T

  )(  (2.2) 
If lateral variations in lithosphere characteristics are small we can neglect horizontal 
transport of heat and equation (2.2) becomes the classical one-dimensional steady-state heat 
equation (e.g. Turcotte and Schubert 2002) 
 )(
)(
zA
z
zT
k
z










 (2.3) 
where A(z) is the vertical distribution of heat production and k is thermal conductivity. If we 
assume a constant conductivity k equation (2.3) is easily solved analytically, but in nature k 
is strongly temperature dependent (e.g. Sass et al. 1992, Xu et al. 2004) and equation (2.3) 
must be solved numerically.   
We can break down equation (2.3)  into two parts. Heat flow is given by Fourier’s law 
 
z
zT
kzq



)(
)(  (2.4) 
and its derivative is the volumetric heat production 
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 )(
)(
zA
z
zq



 (2.5) 
(e.g. Turcotte and Schubert 2002). 
The lower boundary conditions for equations (2.4) and (2.5) are the temperature and the heat 
flow at the base of the lithosphere. The depth of the lithosphere asthenosphere boundary is 
generally unknown and also the mantle heat flow across this boundary is unconstrained. 
Contrary to this, the upper boundary conditions can be measured at the surface, as the 
surface heat flow qs and the mean surface temperature Ts. Thus, given a known conductivity 
law k(T) and heat production A(z) we can solve equations (2.4) and (2.5) numerically to get 
the temperature distribution T(z) and the heat flow distribution q(z). The problem is that in 
nature the distribution of heat producing elements in the crust, A(z), is unknown. We 
therefore need additional constraints to calculate temperature. 
The conductivity laws used in this study are empirically derived (Shankland et al. 1979, Sass 
et al. 1992, Xu et al. 2004, Marton et al. 2005) and are discussed in Appendix 1. Pascal 
(2006) used constant conductivities for the crust and mantle and was therefore able to solve 
equations (2.4) and (2.5) analytically, whereas we solve these equations numerically. 
Constants for various parameters are listed in Appendix 2. 
2.3 Density and pressure in the subcontinental mantle 
lithosphere 
For a given composition, density in the mantle lithosphere varies with temperature and 
pressure. To a first order we can model this variation as (e.g. Turcotte and Schubert 2002) 
     00Re 1),( ppTTPT LLLvfMM    (2.6) 
where ρM is mantle lithosphere density and ρMRef is the mantle lithosphere reference density 
at standard pressure and temperature conditions. T0 and P0 are standard conditions (25°C and 
1 atm), αv is the volumetric coefficient of thermal expansion and βL is the mantle isothermal 
compressibility (inverse of the bulk modulus). 
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If we assume that temperature and reference density ρMRef are known, the pressure at any 
depth can be found by solving the ordinary differential equation 
 
    gpzpTzT
gz
z
p
LLLvfM
M
L
00Re )()(1
)(






 (2.7) 
and thereby the density profile can be calculated using equation (2.6). The coefficient of 
thermal expansion αv is estimated from experiments and depends strongly on temperature 
(e.g. Saxena and Shen 1992, Fei 1995). Due to this temperature-dependence equation (2.7) 
can only be solved numerically. The empirical expressions and data used for thermal 
expansion are reviewed in Appendix 1. 
The reference density of the mantle ρMRef depends on composition, primarily on the iron 
content of the bulk rock, and is a very important parameter for the buoyancy of the 
lithosphere. In depleted Archean cratons we can expect lower reference density than in 
younger regions but this is not enough to constrain ρMRef. The parameter is considered an 
unknown in this method, in addition to the radiogenic heat production A. Hence, we have 
two unknowns and need two constraints.  
We model temperature, density and pressure in the continental lithosphere as described 
above. The equations (2.4) and (2.5) relate temperature, heat flow and heat production. 
Equation (2.6) describes density variations caused by temperature and pressure, and equation 
(2.7) relates the pressure gradient to the density variations. As additional constraints we use 
local isostasy and geoid heights (gravity potential) to provide information on temperature-
related density variations and thus on temperature. The two constraints are discussed in part 
2.4 and 2.5, respectively. 
2.4 Isostasy 
2.4.1 Local and regional models 
Local models of isostasy assume that the crust and lithosphere have no strength. The 
lithosphere is considered as an infinite number of columns that are able to move vertically 
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and independent of each other to respond to an induced load (Watts 2001). This condition of 
local isostasy can be formulated mathematically as (e.g. Turcotte and Schubert 2002) 
 0)(
0

CD
dzz  (2.8) 
where DC is the depth of compensation and Δρ(z) is the density difference between two 
lithosphere columns. Equation (2.8) says that the total mass of vertical columns in local 
isostasy must be equal at the depth of compensation.  
The Airy model assumes that the crust floats as light blocks in the heavier and fluid mantle. 
Thus, there are no lateral density variations in the crust, and the compensation is given by 
changes in crustal thickness (Watts 2001). In the Pratt model the compensation is given by 
lateral density variations in the crust and the depth of compensation is everywhere equal 
(Watts 2001). The two models share the view that the compensation is local. That is, 
topography at a given point P is compensated below P.  
The regional models of isostasy recognize the strength of the crust and of the lithosphere. 
The simplest models consider the lithosphere as an elastic plate overlying an inviscid fluid. 
A topographic load will cause the lithosphere to flex downwards and create a low-density 
crustal root as in the Airy model. The difference is that the root is now regional and spreads 
the compensation over a much larger area than the location of the load (Watts, 2001). From 
this model it is intuitive that small scale loads will be supported by the strength of the 
lithosphere, and large scale loads will approximate the local Airy response. Moreover, the 
response of the lithospheric plate to an induced load will depend on the characteristics of the 
plate itself. 
A measure of the strength of the lithosphere is the flexural rigidity D given by (e.g. Watts 
2001) 
 
)1(12 2
3

 e
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D
.
 (2.9) 
where E is Young’s modulus, υ is Poisson’s ratio and Te is the elastic thickness of the 
lithosphere. The elastic thickness is often used to describe the strength of the lithosphere.     
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From the above analysis we see that to use local isostasy as a modelling constraint, we need 
to fulfil two conditions: a weak plate and a topographic load of long wavelength. Input data 
of topography therefore needs to be filtered to remove short wavelength features. We also 
must consider the elastic thickness of the lithosphere in the area where a condition of local 
isostasy is applied.   
2.4.2 The isostatic reference column 
For isostatic calculations we need a reference column. In this study we use the mantle geoid 
of Turcotte et al. (1977) to define a global reference column for local isostasy. The mantle 
geoid is defined by the isostatic height H0 to which hot asthenosphere rocks would ascent, if 
they were not confined by the lithosphere and only overlain by water. This mantle geoid is 
shown in Figure 2.2. 
  
Figure 2.2: The hydro geoid and the mantle geoid as defined by Turcotte et al. (1977). The mantle geoid 
is defined as the height to which hot asthenosphere rocks would ascent, if they were not confined by the 
lithosphere and only overlain by water to sea-level (Turcotte et al. 1977). 
 
The isostatic height H0 is calculated by comparing the mantle geoid to a generalized mid-
ocean ridge, as shown in Figure 2.3. Mid-ocean ridges are chosen because crustal thickness 
and density are well known at these locations (Turcotte et al. 1977). From local isostasy of 
the Airy type we get 
 DLH
wa
ca 





0  (2.10) 
where L is the thickness of the oceanic crust, D is the depth of the mid-ocean ridge (D < 0) 
and H0 is the isostatic height of the asthenosphere. For densities see Figure 2.3. Estimates of 
H0 from data on mid-ocean ridges are compiled in Table 2.1. 
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Figure 2.3: The asthenosphere column defined as the mantle geoid overlain by water to the hydro geoid 
(sea-level). The isostatic height of the mantle geoid H0 is calculated by assuming it is in local isostasy of 
the Airy type with a typical mid-ocean ridge (Turcotte et al. 1977). 
In the work of Lachenbruch and Morgan (1990) they redefine the mantle geoid as a free 
surface of asthenosphere, as shown by the left column in Figure 2.4. The water layer is 
replaced by some extra asthenosphere material to ensure the same isostatic equilibrium as in 
Figure 2.3.  
In Zoback and Mooney (2003) and Pascal (2006) the reference column is defined as the 
asthenosphere column to the left in Figure 2.4, following Lachenbruch and Morgan (1990) 
with a free surface of asthenosphere. 
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Figure 2.4: The asthenosphere column defined by the mantle geoid of Lachenbruch and Morgan (1990). 
The mantle geoid is overlain by air. The isostatic height of the mantle geoid H0 is calculated by assuming 
it is in local isostasy of the Airy type with a typical mid-ocean ridge (Lachenbruch and Morgan 1990). 
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In this study, we calculate geoid anomalies (discussed in part 2.5) with respect to the 
reference column, in addition to isostatic calculations. Since geoid anomalies are not only 
sensitive to the total density anomalies, but also to their depth distribution, we need a 
reference column with a density distribution that approximates an average Earth (discussed 
in part 2.5). The original concept of Turcotte et al. (1977) gives a slightly more realistic 
density distribution of an average Earth than the model of Lachenbruch and Morgan (1990), 
without inducing further complexities. We therefore define the reference column as the 
asthenosphere column shown to the left in Figure 2.3, following Turcotte et al. (1977).  
When we weigh a continental lithosphere column against this asthenosphere reference 
column, we measure how buoyant the continental column is relative to the asthenosphere. To 
calculate temperature, density and pressure in the asthenosphere column we use analytical 
expressions for a convecting adiabatic mantle without phase transitions (Turcotte and 
Schubert 2002). A derivation of these equations and their basic assumptions are given in 
Appendix 1. For temperature, density and pressure see equations (0.7), (0.9) and (0.10), 
respectively.  
Table 2.1 shows values of H0 calculated from data on mid-ocean ridges. The difference 
between estimates is quite large, with the lowest value equal to 3262 m and the highest value 
equal to 4586 m. The data compiled by Zoback and Mooney (2003) give generally higher 
estimates of H0 than the older data. Two averages are computed: average 1 equals 3836 m 
and includes all values, whereas average 2 equals 4053 m and includes only data compiled 
by Zoback and Mooney (2003). 
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Table 2.1: Estimates of the isostatic height H0  defined as in Turcotte et al. (1977). Averages and the 
lowest and highest estimates are marked grey. 
Average 1 (all values) 3.836 
Average 2 (only values compiled by Zoback and Mooney (2003) 4.053 
 
2.4.3 Depth of compensation 
We want to investigate temperature and density in the lithosphere and therefore chose the 
base of the lithosphere as the depth of compensation, following Pascal (2006). Below the 
lithosphere we model an adiabatic asthenosphere with no lateral variations in temperature 
and density. Other works that uses local isostasy (e.g. Afonso et al. 2008) allow lateral 
temperature variations in the asthenosphere by choosing deeper levels as the depth of 
compensation, e.g. the 410 km discontinuity.  
In this work we define the base of the lithosphere as the intercept between the lithosphere 
geotherm and the mantle adiabat (see part 2.1). This ensures that there is no jump in 
temperature between the lithosphere and the underlying asthenosphere. Also, it prevents 
lateral variations in asthenospheric temperatures and densities inflicted by the one-
dimensional modelling approach and is therefore consistent with the choice of compensation 
depth.  
Reference for data on mid-ocean ridges H0 from Turcotte et al. 
(1977) model, in km  
(Turcotte et al. 1977) 3.263 
(Turcotte and Mcadoo 1979) 3.659 
(Lachenbruch and Morgan 1990) 3.500  
 (Weiland and Macdonald 1996, Zoback and Mooney 2003) 3.511 
(Stevenson and Hildebrand 1996, Zoback and Mooney 2003) 4.438 
(Madsen et al. 1984, Zoback and Mooney 2003) 4.586 
(Doin et al. 1996, Zoback and Mooney 2003) 3.994 
(Doin et al. 1996, Zoback and Mooney 2003) 3.734 
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2.5 Geoid anomalies 
To use the gravity potential as a constraint on temperature and density we forward calculate 
geoid heights from our lithosphere model and compare them to the undulations of the real 
geoid. 
Geoid heights (i.e. anomalies, undulations) are measured relative to a reference ellipsoid. 
This is a model of the Earth that has the same angular velocity and the same centre of mass 
as the real Earth. Also, the surface of the ellipsoid is an equipotential surface having the 
same value as the Earth’s equipotential surface, which is the geoid (Li and Götze, 2001). In 
short, the ellipsoid is how the Earth would be if it had no lateral density variations and gives 
a reference for measurements on the Earth. This is the reason why we choose an isostatic 
reference column that approximates the average Earth. 
The difference between the measured potential energy Um0 on the reference ellipsoid and the 
potential energy U0 on the geoid is related to the geoid heights N through (Turcotte and 
Schubert 2002) 
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where r is the radial coordinate, r0 is the radius of the Earth, g0 is the gravitational attraction 
on the reference ellipsoid and ∆N is the geoid anomaly measured positive upwards with 
respect to the reference ellipsoid. 
We can explain the relation between ∆N and ∆U by considering a part of the Earth that is 
associated with a mass excess, e.g. a subduction zone. The positive mass anomaly makes the 
potential Um0 on the ellipsoid more negative than on other parts of the ellipsoid (creates a 
potential well) and more negative than U0. Therefore, ∆U will be negative and ∆N will be 
positive, as predicted by equation (2.11). Thus, above a positive mass anomaly there will be 
a positive upwarp of the geoid. Conversely, above a negative mass anomaly there will be a 
geoid trough. 
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2.5.1 Isostatic geoid anomalies 
Areas in local isostatic equilibrium have the same total mass and therefore a free air gravity 
anomaly approximately equal to zero. Contrary to this, geoid anomalies are non-zero over 
regions in local isostasy. We can therefore use geoid heights as a constraint on density along 
with local isostasy. To derive a formula for the isostatic geoid anomaly due to a layer of 
anomalous density, we use the same strategy as when deriving the Bouguer formula: assume 
that Earth is flat and that the layer is infinite in the lateral dimension. Additionally, we 
assume that the layer has only vertical density variations and that the region is in local 
isostatic equilibrium. This gives the following expression for the potential anomaly ΔU 
(Turcotte and Schubert 2002) 
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where G is the gravitational constant, DC is the depth of compensation and z is the vertical 
direction measured positive downwards. 
Using equation (2.11) we can calculate the corresponding geoid height ∆N as  
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Turcotte and McAdoo (1979) gave an analysis of the error using the simplified expression in 
equation (2.13) and concluded that it is negligible as long as the wavelength for lateral 
density variations is large compared to the thickness of the lithosphere.  
A physical example of an isostatic geoid anomaly is given in Figure 2.5. As shown in the 
figure a negative density anomaly at depth (Column 2) gives a positive isostatic geoid 
anomaly, whereas a positive density anomaly at depth (Column 1) gives a negative geoid 
anomaly.  
We can explain this behaviour physically by considering the acceleration of gravity, which is 
defined as the spatial derivative of the geopotential U. In Column 2 the acceleration of 
gravity at depth is lower than in Column 1 because light material is at the bottom. Thus the 
spacing between equipotential surfaces is larger. This creates an upwarp of the geoid 
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equipotential surface and thus a positive geoid anomaly of Column 2 with respect to Column 
1. 
For isostatic geoid anomalies a simple relation exists between the pressure distribution and 
the geoid height, which is convenient for the modelling purpose of this study. The isostatic 
geoid anomaly can be calculated as (Turcotte and Schubert 2002) 
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where p(z) is the pressure distribution of a given lithospheric column, pref(z) is the pressure 
distribution of the reference column and h is elevation. When we compare equation (2.14) to 
equation (2.13), we see that the signs are different. This is due to the difference in sign 
between the density distribution and the pressure distribution.   
The constant N0 is proportional to the integral of the pressure distribution of the reference 
column, and can be considered as a calibration constant. In practice we will have to calibrate 
our reference column to give a value of N0 that gives physically reasonable results, as also 
discussed by Fullea et al. (2007). The choice of N0 is not unique and a range of possible 
values exists.  
 
Figure 2.5: Two columns in local isostasy. Light material is at the bottom in Column 2 and heavy 
material is at the bottom in Column 1. Also shown is the difference in gravity Δg at depth of the two 
columns with respect to a uniform background density. The lower gravity at depth in Columns 2 gives a 
larger spacing between equipotential surfaces and thus a positive geoid anomaly of Column 2 with 
respect to Column 1. 
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2.6 Forward calculation of shear-velocities 
In both methods we calculate synthetic seismic velocities. In the geoid-isostasy constrained 
method we predict shear-velocity from the inferred temperature, pressure and temperature-
related density distributions. In the inversion of S-wave velocity to temperature we forward 
calculate shear-velocities in an iterative process to invert for temperature. 
2.6.1 Extrapolation of physical properties 
The simple approach used here to calculate seismic velocities is based on extrapolation of 
physical properties from a reference state at standard pressure and temperature. This 
extrapolation is valid up to pressures of around 6 GPa (Goes et al. 2000), which corresponds 
to a depth of approximately 185 km.  
We assume that the mantle is dry and composed only of the minerals olivine (ol), 
orthopyroxene (opx), clinopyroxene (cpx) and garnet (gt). For each mineral we calculate 
elastic moduli and density at temperature T and pressure p from experimental data and first 
order expressions. Bulk rock moduli are calculated using the Voigt-Reuss-Hill averaging 
scheme (Hill 1952). Details are given in Appendix 1. From the bulk rock properties we 
predict the elastic S-wave velocity at elevated pressure and temperature as 
 

elassV ,  (2.15) 
where  is bulk rock rigidity and  is bulk rock density. 
2.6.2 Seismic attenuation 
Natural minerals are not perfectly elastic. Imperfections such as dislocations and vacancies 
in the crystal structure imply time-dependence in the elastic response and hence anelasticity 
(Karato and Spetzler 1990). Anelastic effects cause attenuation of seismic waves and reduce 
the elastic shear-velocity. In the forward calculation of seismic velocities we therefore need 
to account for anelasticity. 
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To calculate attenuation we use the absorption band model of Minster and Anderson (1981). 
In this model the quality factor Q depends mildly on seismic frequency within the absorption 
band. The inverse of Q is called the internal friction (Q-1) and describes the loss of elastic 
energy to heat (e.g. Romanowicz and Mitchell 2007). 
The quality factor for shear waves is strongly temperature-dependent and can be written as 
(Anderson and Given 1982) 
 
  RTPVHATPQ /exp),,( **     (2.16) 
where H* + PV* is the activation enthalpy, H* is the activation energy, V* is the activation 
volume, ω is seismic angular frequency, A is a constant and α is the frequency exponent. 
These parameters are estimated from experiments, usually on olivine samples. Absolute 
temperature T is in Kelvin and R is the gas constant.  
Using an attenuation model we can calculate the anelastic seismic velocity. The anelastic 
(i.e. relaxed) and elastic (i.e. anharmonic) velocities are coupled as (Minster and Anderson 
1981, Karato 1993) 
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Equation (2.17) is used to calculate synthetic seismic velocities in both methods used in this 
study. 
In the inversion of S-wave velocity to temperature we calculate the temperature derivatives 
TVs  / ,  T / , T /  and Ti  /  from compilations of experimental data. These 
derivatives are used in the iteration process and have no influence on the final results. 
Because of a few misprints in the appendixes of Goes et al. (2000) and some differences in 
the calculations (here full expressions are used) all equations are stated explicitly in 
Appendix 1. 
 22 
 
Chapter 3. The geoid-isostasy constrained method 
We model the lithosphere as composed of one-dimensional columns. Temperature is 
computed using the one-dimensional steady-state heat equation and the columns are in local 
isostatic equilibrium with the asthenosphere reference column. This set-up is similar to 
Pascal (2006). The main difference is that Pascal (2006) calculated gravitational potential 
stresses in the lithosphere but did not find a unique solution of temperature and density. We 
use geoid heights as an additional constraint and are therefore able to find a unique solution 
of temperature and density and predict shear-velocities from this solution. Additionally, we 
use temperature-dependent thermal conductivities and solve all differential equations 
numerically. 
3.1 Input data and data processing 
Input data are grids of topography, Moho depth and geoid heights with a lateral resolution of 
1x1 degree longitude and latitude (cf. Figure 3.1). Also used are estimates of average crustal 
density and measurements of surface heat flow. For some purposes denser grids were 
interpolated to a lateral resolution of 0.5 degrees longitude and latitude. 
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Figure 3.1: Input data of low-pass filtered topography (left window), Moho depth (in the middle) and 
high-pass filtered geoid heights (right window). 
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Topography is taken from ETOPO2 (U.S. Department of Commerce NOAA NGDC,  2001) 
and low-pass filtered and cut at a wavelength of 300 km. The filtered long-wavelength 
topography is shown in Figure 3.1. The present-day topography is rebounding due to glacial 
isostatic adjustment at a rate of 0-4 mm/yr in southern Norway (Fjeldskaar et al. 2000). An 
estimate of the maximum possible remaining uplift (a worst-case scenario) is given in Pérez-
Gussinyé et al. (2004) and is 5-55 m, increasing from west to east. These few meters should 
not affect our calculations significantly and we therefore do not correct topography for 
remaining glacial isostatic rebound. 
As was discussed in part 2.4.1, topographic loads are partly supported by the rigidity of the 
lithospheric plate (i.e. regional isostasy). The condition of local isostasy is only valid for 
loads of long wavelength compared to the elastic thickness of the plate. Estimates of Te in 
Scandinavia give values of 8-15 km for southern Norway that increases from less than 8 km 
in the western part to 15 km in the eastern part (Poudjom Djomani et al. 1999). Regional 
studies for Europe gives Te values for southern Norway in the order of 10-20 km from 
Bouguer coherence and 15-30 km from free-air admittance (Perez-Gussinye and Watts 
2005). We can therefore expect low rigidity in southern Norway, and wavelengths greater 
than 300 km should be supported by local isostasy to a large extent (Watts 2001, see e.g. 
Figure 5.2). In addition, new seismic investigations suggest that the main features of the 
topography are compensated by local isostasy (Svenningsen et al. 2007, Stratford et al. 
2009).  
Moho depth is taken from the map of Kinck et al. (1993) in a gridded version provided by 
NGU. The Moho depth grid is adjusted by O. Olesen, NGU, to fit gravity measurements in 
western Norway (Pascal 2010, personal communication).  
Geoid heights are taken from EGM96 (Lemoine et al. 1998) and cut at a wavelength of 4000 
km corresponding to a surface spherical harmonic degree n of approximately 10. The long 
wavelength geoid signal (n < 11) sample the density distribution of the entire mantle, 
whereas the shorter wavelength signal (n > 11) mostly sample the upper mantle (depth < 700 
km) and peak at a depth around 250 km (Deschamps et al. 2001).  
Concerning glacial isostatic rebound, modelling of Vermeersen and Schotman (2008) 
suggests that the main part of the gravity signal due to glacial deflection of the lithosphere 
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has a wavelength longer than 4000 km (see Figure 6 in Vermeersen and Schotman 2008). 
Cutting at a wavelength of 4000 km therefore gives a signal that stems mostly from the 
mantle lithosphere.  
Filtered geoid heights in southern Norway are displayed in Figure 3.1. It is obvious that a 
large part of the geoid signal stems from the high topography. To the east geoid heights 
decrease, which may reflect both deeper crust and lithosphere to the east, but also glacial 
isostatic adjustment if not completely filtered out.  
Surface heat flow in southern Norway varies from 50 to 60 mW/m
2
 from west to east and 
with most values between 50 and 55 mW/m
2 
(Slagstad et al. 2009). These values might be 
contaminated by a few too low measurements (Pascal, 2010, personal communication). Due 
to the relatively uniform surface heat flow in southern Norway we use a constant value for 
the entire area.  
Average crustal density for southern Norway is estimated to 2830 kg/m
3
 from P-wave 
velocities (Stratford et al. 2009) using the empirical formula of Brocher (2005). Crustal 
seismic velocities in southern Norway increase very regularly with depth (see Figure 4 in 
Stratford et al. 2009) and we can therefore expect crustal density to increase in a similar 
way. We model the crust in a simple way by using a density that increases linearly from 
2670 kg/m
3
 at the surface to 2990 kg/m
3
 at Moho depth, giving an average value of 2830 
kg/m
3
. The surface density is taken from isostatic modelling in southern Norway (Ebbing 
2007, Stratford et al. 2009). The density profile for a representative location is shown in 
Figure 3.2. 
 
Figure 3.2: Solid line is the linear crustal density profile in southern Norway at 9°E, 61°N. Dashed line is 
the average crustal density of 2830 kg/m
3
.  
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3.2 Lithosphere model 
The thermal structure of our lithosphere model is shown in Figure 3.3. The upper heat 
producing layer D has a thickness of 10 km and a heat production Arc that is allowed to vary 
between extreme bounds of 0 and 8 μW/m3. The lower crust and lithospheric mantle have 
fixed heat productions, Alc and AM respectively. The lower crustal heat production Alc is 
estimated from measurements of high-grade metamorphic rocks in Norway to 0.4 μW/m3 
(Pinet and Jaupart 1987) and mantle heat production is assigned a value of 0.01 μW/m3 
(Rudnick et al. 1998). 
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Figure 3.3: Thermal structure of the lithosphere model. The radiogenic upper crust has a thickness D of 
10 km and a variable crustal heat production Arc. The lower crust and lithospheric mantle have smaller 
radiogenic heat productions, Alc and AM, which are assumed known. Thermal conductivity is 
temperature dependent and calculated from empirical laws (Shankland et al. 1979, Sass et al. 1992, Xu et 
al. 2004, Marton et al. 2005). The mantle lithosphere is defined thermally as the intercept between the 
lithosphere geotherm and the mantle adiabatic temperature profile with potential temperature 1300°C. 
See Appendix 2 for a summery of various parameters. 
Crustal conductivities kc are calculated from the empirical law of Sass (1992) in the 
temperature interval of 0 to 300ºC, with an average surface conductivity k0 of 2.5 W/m/K 
(Slagstad et al. 2009). At higher temperatures in the crust we use a constant value k(300ºC) 
equal to 2.0 W/m/K. The lattice component of mantle conductivity klat is temperature-
dependent and estimated from the work of Xu et al. (2004). We use the simplified law for a 
constant pressure of 4 GPa with a reference conductivity klat(298K) equal to 4.49 W/m/K. 
The radiative component of mantle conductivity kr is taken to be constant and equal to 1 
W/m/K for the mantle lithosphere (Shankland et al. 1979, Marton et al. 2005). Details about 
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the conductivity laws are given in Appendix 1 and a summary of various constants is given 
in Appendix 2.  
Given an upper crustal heat production Arc we can calculate the lithosphere geotherm from 
equations (2.4) and (2.5). A schematic geotherm is shown in Figure 3.3 with a mantle 
adiabatic temperature profile. The intercept of the two curves is used to define the thermal 
lithosphere.  
Pressure in the mantle is calculated for a given geotherm and a given mantle lithosphere 
reference density, ρMRef, by solving equation (2.7). Density is then calculated from equation 
(2.6). Thus, temperature, pressure and density are consistent and fully coupled. 
To forward calculate seismic velocities we use the solution of temperature, pressure and 
density found by the code. In addition we need information about the rigidity μ. We 
therefore chose a composition, that is, the relative proportions of minerals and the iron 
content, suitable for the calculated reference density ρMRef. This choice is not unique, but has 
very little influence on the calculated rigidity and thus negligible effects on the calculated 
shear-velocities. In the asthenosphere we assign a fertile composition (McDonough and Sun 
1995). The rigidity of the bulk rock is calculated from experimental data on individual 
minerals (see compilation in Goes et al. 2000) for the given temperature and pressure 
distributions. Details can be found in Appendix 1. Elastic S-wave velocities are calculated 
using equation (2.15) and the final shear-velocity profile, including anelastic effects, is 
calculated from equation (2.17).  
In this lithosphere model we have two unknowns: the upper crustal heat production Arc and 
the mantle lithosphere reference density ρMRef. Given values of Arc and ρMRef the thermal 
structure and density distribution of the modelled lithosphere can be determined uniquely. 
3.3 Constraints: geoid heights and local isostasy 
In order to constrain our two unknowns, upper crustal heat production Arc and mantle 
lithosphere reference density ρMRef, we apply two conditions. Our lithosphere model for 
southern Norway must fulfil a condition of local isostasy and calculated geoid heights must 
fit observed geoid heights. 
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For both of these conditions we need a reference column, as discussed in part 2.4.2 (The 
isostatic reference column) and 2.5.1 (Isostatic geoid anomalies). Our choice of an 
asthenosphere column as isostatic reference is displayed in Figure 2.3. To calibrate 
calculated geoid heights we change the height of the reference column by adjusting the 
isostatic height H0. The interval where we get meaningful results is for H0 between 3900 m 
and 4200 m, which correspond to estimates from mid-ocean ridge data given in Table 2.1. 
Figure 3.4 illustrates the two constraints used. A lithospheric column with elevation h is 
displayed to the left and the asthenosphere reference column to the right. The base of the 
lithosphere is also the depth of compensation, implying that the lithosphere pressure pL 
equals the asthenosphere reference pressure pA at this depth. The difference in geoid height 
between the lithospheric column and the reference column ΔN is displayed above the two 
columns. This quantity is calculated from equation (2.14).  
With two unknowns and two constraints we should be able to solve the system. 
Unfortunately, the calibration of geoid heights induces some uncertainty. Therefore, we need 
to investigate the effect of geoid height calibration on the solution before presenting our final 
results. 
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Figure 3.4: Lithosphere model and asthenosphere reference column with the two constraints illustrated: 
local isostasy at the base of the lithosphere, pL(zbl) = pA(zbl), and the isostatic geoid anomaly ΔN.  
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3.4 Program flow chart 
To solve for the two unknowns, Arc and ρMRef, we use a simple iteration process. The flow of 
this is illustrated in Figure 3.5. Because of the one-dimensional approach we can split the 
area of interest into a collection of one-dimensional columns and solve for each column 
independently. The program reads from file input data of topography, geoid heights and 
Moho depth. 
In each horizontal grid point (longitude and latitude coordinate) the lithosphere is modelled 
as a vertical grid and assigned a starting value of mantle lithosphere reference density ρMRef. 
The inner loop of the program finds a value of upper crustal heat production Arc that gives a 
thermal structure and density profile in local isostatic equilibrium with the asthenosphere 
reference column. In the outer loop the code finds a value of ρMRef that results in a calculated 
geoid height equal to the observed geoid height.   
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Figure 3.5: Program flow chart for the geoid-isostasy method. The program reads from file input data of 
topography, geoid heights and Moho depth for a given area. In each horizontal grid point, at a given 
longitude and latitude, the lithosphere is modelled as a vertical grid and assigned a starting value of 
mantle lithosphere reference density ρMRef. In the inner loop the code finds a value of upper crustal heat 
production Arc that gives a thermal structure and density profile in local isostatic equilibrium with the 
asthenosphere reference column. In the outer loop the code finds a value of ρMRef that results in a 
calculated geoid height equal to the observed geoid height. The thermal structure and density profile that 
fulfil both a condition of local isostasy and the measured geoid height is written to file. A profile of 
forward modelled synthetic seismic velocities is also written to file. When a solution is found for one 
horizontal grid point the code moves to the next location. 
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The thermal structure and density profile that fulfil both a condition of local isostasy and the 
measured geoid height is written to file. A profile of forward modelled synthetic seismic 
velocities is also written to file. When a solution is found for one horizontal grid point the 
code moves on to the next location. 
Local isostasy is here defined as a pressure difference at the base of the lithosphere Δp less 
than 1 kPa between the lithosphere column in question and the reference column. The 
calculated and observed geoid heights are assumed to be equal when the difference is less 
than 1 cm.   
3.5 Numerical methods 
The isostatic condition makes our system very sensitive to pressure. It is therefore necessary 
to get an accurate estimate of pressure, consistent with the temperature and density 
distributions.  
To calculate temperature and pressure we solve the ordinary differential equations given by 
equations (2.4), (2.5) and (2.7). Mean surface temperature Ts and average surface heat flow 
qs are used as upper boundary conditions. The coefficient of thermal expansion and the 
thermal conductivity of the crust and mantle are temperature dependent and we therefore 
solve these equations numerically with a standard Runge-Kutta method (Dormand and 
Prince 1980) in Matlab. The influence of the relative error of the method was investigated by 
adjusting it from 10
-3
 to 10
-6
 and found to have no influence because our chosen tolerance of 
isostatic equilibrium (1 kPa) is greater than any absolute error induced by the solver at the 
base lithosphere. 
Geoid heights are calculated from equation (2.14) using the simple trapezoidal rule. With a 
small step size (10 m) and integrated over a typical lithospheric thicknesses of 100-150 km 
the trapezoidal rule gives a relative error of 0.01 – 0.1 %, which for the geoid heights means 
a global error less than 1 cm. Our chosen tolerance for fitting calculated and observed geoid 
heights is 1 cm and we therefore do not use more complicated methods to integrate geoid 
heights. 
Thus, numerical error should not affect our results.  
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3.6 Early versions of the code 
Before making the final code some experiments and intermediate steps were made. The first 
version of the code used constant conductivity of the crust and mantle and the analytical 
solution of equation (2.3) as in Pascal (2006). This showed that the temperature-dependent 
mantle conductivity is important for the shape of the geotherm and therefore influences the 
density distribution.  
The effect of different models of crustal density was investigated. It was found that the 
empirical formula of Zoback and Mooney (2003), which relates crustal thickness and 
average crustal density, was not appropriate for a small region like southern Norway with 
quite large variations in Moho depth. The formula induces too great lateral variations in 
average crustal density that overrules all other data input. Crustal density must be estimated 
independently for the area of interest.  
As shown in Figure 3.2 a linearly increasing crustal density is used in the final code, where 
Pascal (2006) used a constant crustal density. For the data shown in Figure 3.2 we calculated 
the geoid height difference dΔN between a column with linear crustal density and a column 
with constant crustal density, where both columns had the same average crustal density of 
2830 kg/m
3
. The difference is dΔN = (ΔNlinear – ΔNconstant) = - 1.69 m. This difference 
increases with increasing average crustal density. The constant crustal density version of the 
code is more sensitive to small changes in average crustal density and Moho depth. Using a 
linear crustal density therefore increases the stability of the code and accuracy of the results. 
From this it is evident that a realistic crustal model is very important for the calculation of 
geoid anomalies. 
To analyse sensitivity of the final solution a code was made that uses only local isostasy as a 
constraint. This code finds a solution space of temperature and density-distributions that 
fulfil a condition of local isostasy. These distributions are determined by a pair of ρMRef and 
Arc (mantle lithosphere reference density and upper crustal heat production). This version of 
the code is very useful for analysing the sensitivity of the system and final solution to 
uncertainty in input parameters. From this version we can also forward calculate the geoid 
anomalies caused by an isostatic lithosphere with a prescribed ρMRef.  
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3.7 Preliminary results for southern Norway 
Examples of results from the geoid-isostasy constrained method are shown in Figure 3.6 to 
Figure 3.21. All map projections are made using the free software package M_Map for 
Matlab (Pawlowicz 2005). The code was run with a value of the isostatic height H0 equal to 
4100 m, surface heat flow qs = 60 mW/m
2
 and data grids with a lateral resolution of 0.5 
degrees longitude and latitude. 
This first run is intended as a starting point for the analysis of uncertainty and sensitivity of 
the method that will follow in part 3.8. 
Figure 3.6 shows the inferred ρMRef for southern Norway. The average value is 3360 kg/m
3
, 
which is typical for lithospheres of both Proterozoic and Phanerozoic ages (Poudjom 
Djomani et al. 2001). We also see in Figure 3.6 that the code is not able to find a solution in 
the westernmost part of Norway (dots denote grid points where a solution is found). Besides 
the westernmost anomalous area, there is a clear imprint of Moho depths in the inferred 
ρMRef: deeper Moho gives slightly denser ρMRef. The small variations in inferred ρMRef are 
therefore not believed to be significant. 
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Figure 3.6: Mantle lithosphere reference density ρMRef inferred for southern Norway. Input data is shown 
in Figure 3.1 and are described in part 3.1. The isostatic height H0 is 4100 m and qs is 60 mW/m
2
. Dots 
denote grid points where a solution is found. Except for the westernmost part, where the code struggles 
to find a solution, it is clear that deeper Moho gives a slightly higher ρMRef. 
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Figure 3.7 shows the inferred upper crustal heat production Arc. Values range from 1.7-3.3 
μW/m3 and are generally above 2.5 μW/m3. When compared to actual measurements of 
average surface heat productions for southern Norway (Slagstad 2008) the calculated surface 
heat productions in Figure 3.7 are systematically higher than the measured ones, which is 
physically unlikely.  
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Figure 3.7: Upper crustal heat production Arc inferred for southern Norway. Input data is shown in 
Figure 3.1 and described in part 3.1. The isostatic height H0 is 4100 m and qs is 60 mW/m
2
. Dots denote 
grid points where a solution is found. Crustal heat production is strongly correlated to lithosphere 
thickness (Figure 3.8) and acts a proxy for mantle temperatures. Crustal heat productions calculated in 
this run are generally above measured surface heat productions. 
Thermal lithosphere thickness is displayed in Figure 3.8. There is a close correlation 
between upper crustal heat production (cf. Figure 3.7) and lithosphere thickness (cf. Figure 
3.8). The calculated upper crustal heat production probably do not represent the actual 
amount of heat produced in the upper crust and is more to be understood as a proxy for the 
thermal state of the mantle. For a warm mantle a lower surface heat production is necessary 
to reach a prescribed heat flow, such that a low surface heat production is associated with a 
warm mantle and vice versa. 
In Figure 3.8 there is a general trend of increasing lithosphere thickness to the East. Also, 
thinner lithosphere is predicted in the area of the Oslo Graben. Below the southern Scandes, 
where we have the highest topography, we have relatively thin lithosphere. 
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Mantle heat flow, defined as the heat flux into the base of the lithosphere, follows the same 
pattern as lithospheric thickness, and is shown in Figure 3.9. In the westernmost part mantle 
heat flow is high, up to 30 mW/m
2
, and decreases to the east to values of around 12 mW/m
2
.  
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Figure 3.8: Thermal lithosphere thickness inferred for southern Norway. Input data is shown in Figure 
3.1 and described in part 3.1. The isostatic height H0 is 4100 m and qs is 60 mW/m
2
. Dots denote grid 
points where a solution is found. There is a general increase in lithosphere thickness from west to east. 
Thinner lithosphere is also predicted around the Oslo Graben.  
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Figure 3.9: Mantle heat flow qM at the base of the lithosphere inferred for southern Norway. Input data 
is shown in Figure 3.1 and described in part 3.1. The isostatic height H0 is 4100 m and qs is 60 mW/m
2
. 
Dots denote grid points where a solution is found.  
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To get a picture of horizontal variations in temperature and density map views are shown at 
a constant depth of 100 km in Figure 3.10 and Figure 3.11. In the central area, where the 
lithosphere is thinner, temperatures are higher (cf. Figure 3.10) and densities are lower (cf. 
Figure 3.11). Also, we find higher temperatures and lower densities in the Oslo Graben.  
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Figure 3.10: Temperature inferred at a depth of 100 km for southern Norway. Input data is shown in 
Figure 3.1 and described in part 3.1. The isostatic height H0 is 4100 m and qs is 60 mW/m
2
. Dots denote 
grid points where a solution is found. Temperatures are higher below central southern Norway and the 
Oslo Graben and lower to the east. 
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Figure 3.11: Mantle density ρM inferred at a depth of 100 km for southern Norway. Input data is shown 
in Figure 3.1 and described in part 3.1. The isostatic height H0 is 4100 m and qs is 60 mW/m
2
. Dots denote 
grid points where a solution is found. Densities are lower below central southern Norway and the Oslo 
Graben and higher to the east. 
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From the inferred temperature and density distributions synthetic S-wave velocities were 
forward calculated using a composition of an average (sub)continental garnet lherzolite 
(Jordan 1979) and attenuation parameters from Shapiro and Ritzwoller (2004). Results at a 
constant depth of 100 km are shown in Figure 3.12. In the western part lower velocities are 
predicted than in the eastern part. Changing the modal composition has very little influence 
on calculated shear-velocity, except for Archean depleted compositions that we do not 
expect below southern Norway. 
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Figure 3.12: Synthetic S-wave velocity inferred at a depth of 100 km for southern Norway. Input data is 
shown in Figure 3.1 and described in part 3.1. The isostatic height H0 = 4100 m and qs is 60 mW/m
2
. Dots 
denote grid points where a solution is found. Velocities are slightly lower below central southern Norway 
and the Oslo Graben and slightly higher in the East. 
 
The quality factor is displayed in Figure 3.13 as log10(Q). Due to the temperature 
dependence of attenuation the quality factor follows the same pattern as temperature (cf. 
Figure 3.10). In the western part values of Q are as low as 30-75, which are typical estimates 
for the low-velocity zone associated with the asthenosphere (Romanowicz and Mitchell 
2007, Figure 3). In the central and eastern part we find values in the range of 100-800, 
corresponding to values normally associated with the lithosphere (Romanowicz and Mitchell 
2007, see their Figure 3). 
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Figure 3.13: The quality factor Q plotted as log10(Q) at a depth of 100 km below southern Norway. Input 
data is shown in Figure 3.1 and described in part 3.1. The isostatic height H0 is 4100 m and qs is 60 
mW/m
2
. Dots denote grid points where a solution is found. The quality factor is lower below the central 
southern Scandes and Oslo Graben and higher in the East. 
  
To show the vertical distributions of temperature and density two cross sections are made at 
latitudes of 59 and 60°N. The position of these profiles is shown in Figure 3.14 with black 
lines. Temperatures are displayed for latitude 60°N in Figure 3.15, with isotherms of 1250, 
1300 and 1350°C labelled. The thermal lithosphere has an approximately constant thickness 
of around 130 km at longitudes 5-10°E and increases to a depth of around 190 km at 
longitude 12°E. Figure 3.16 shows a vertical profile at latitude 59°N where we clearly see 
the shallower lithosphere below the Oslo Graben (longitude 9-11°E) and the increase in 
thickness to the east. A possible side effect of the one-dimensional modelling is that 
increases in (thermal) lithosphere thickness might be slightly overestimated because we 
neglect horizontal heat transfer. 
 
Figure 3.14: Position of vertical profiles at latitude 59 and 60°N. 
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Figure 3.15: Temperature inferred in southern Norway at a constant latitude of 60°N. Input data is 
shown in Figure 3.1 and described in part 3.1. The isostatic height H0 is 4100 m and qs is 60 mW/m
2
.  
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Figure 3.16: Temperature inferred in southern Norway at a constant latitude of 59°N. Input data is 
shown in Figure 3.1 and described in part 3.1. The isostatic height H0 is 4100 m and qs is 60 mW/m
2
. 
 
A cross section of temperature-related density variations at latitude 60°N are shown in 
Figure 3.17. In the western part (longitude 5-10°E) density decreases with depth because 
density variations related to temperature dominates those related to increasing pressure, 
when the lithosphere is thin and warm. At the base of the lithosphere there is a sharp 
increase in density into the asthenosphere. This sharp boundary is an artefact of the 
modelling, where we assume that the base of the lithosphere is a discrete boundary and not a 
gradual transition. The increase in density across the lithosphere-asthenosphere boundary 
(LAB) is significant.  
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Figure 3.17: Density inferred in southern Norway at a constant latitude of 60°N. Input data is shown in 
Figure 3.1 and described in part 3.1. The isostatic height H0 is 4100 m and qs is 60 mW/m
2
. 
 
The modelled asthenosphere is derived from simple analytical expressions for an adiabatic 
mantle (Appendix 1) and is compared to seismological reference models in Figure 3.18. Our 
modelled density of the asthenosphere is slightly lower than the reference model EUCAK 
(Weidle and Maupin 2008) which is based on ak135 (Kennett et al. 1995). The reference 
model PREM has a positive jump in density at the base of the lithosphere (Dziewonski and 
Anderson 1981).   
 
Figure 3.18: Density of the reference models EUCAK (Weidle and Maupin 2008) based on ak135 
(Kennett et al. 1995) and PREM (Dziewonski and Anderson 1981). Also shown is the density of the 
asthenosphere reference column (see Figure 3.4).  
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Synthetic seismic velocities for the vertical profile at latitude 60°N are shown in Figure 3.19. 
Below the thinner western part of the lithosphere a low velocity anomaly of around 3 % is 
predicted with respect to the reference model EUCAK. In the eastern part of the cross 
section the velocity anomaly is smaller and around 1 %. One-dimensional depth curves for 
the end-points of the profile are displayed in Figure 3.20 and compared to EUCAK. The 
corresponding estimates of seismic attenuation Q in Figure 3.21 also reflect the low-velocity 
zone that is predicted in thinner parts of the lithosphere. 
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Figure 3.19: Synthetic S-wave velocity inferred in southern Norway at a constant latitude of 60°N. Input 
data is shown in Figure 3.1 and described in part 3.1. The isostatic height H0 is 4100 m and qs is 60 
mW/m
2
. 
 
Figure 3.20: S-wave velocity profiles predicted by the geoid-isostasy constrained method in the western 
part of southern Norway (dashed line) and the eastern part of southern Norway (solid line). Also shown 
is the reference model EUCAK (dots). 
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Figure 3.21: Log10(Q) inferred in southern Norway at a constant latitude of 60°N. Input data is shown in 
Figure 3.1 and described in part 3.1. The isostatic height H0 = 4100 m and qs is 60 mW/m
2
. 
3.8 Sensitivity of the method to uncertainty in input data 
From the above results it seems clear that there is a transition from thinner to thicker 
lithosphere from west to east in southern Norway. The thinner lithosphere implies higher 
temperatures, lower densities and lower seismic velocities in the western part. These results 
are based on assumptions of thermal and isostatic equilibrium and are derived from data on 
crustal thickness, crustal density, surface heat flow and the gravitational potential.  
In order to investigate the robustness of our results, we must answer several questions: 
How much influence do different calibrations of the asthenosphere reference column (choice 
of H0) have on the solution (the inferred temperature and density) ? 
How sensitive is the solution to uncertainty in the input data? 
Why does not the code find a solution in the westernmost part?  
If we do not have a condition of thermal steady-state, how do we interpret the solution found 
by the code? 
3.8.1 Calibration of the geoid heights – choosing a value of H0 
Figure 3.22 shows thermal lithosphere thickness calculated for three different calibrations of 
the asthenosphere reference column, namely for an isostatic height H0 of 3900 m, 4050 m 
and 4200 m. We see that the shape of the solution is the same for all three calibrations: 
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below the central area and western part of southern Norway the lithosphere is thinner and in 
the east it is thicker. The difference is the absolute value of the computed lithosphere 
thickness.  
  
Figure 3.22: Lithosphere thickness calculated for different calibrations of the geoid heights. To the left is 
used an isostatic height H0 = 3900 m, in the middle H0 = 4050 m and to the right H0 = 4200 m. 
Corresponding average values of ρMRef are 3357, 3358 and 3561 kg/m
3
 from left to right. 
For H0 = 3900 the lithosphere is much thicker (and colder) than for higher values of H0. At a 
location in the central area, e.g. 9°E, 61°N, the thermal lithosphere thickness is estimated to 
be 176 km for H0 = 3900 m. When we use the value H0 = 4050 m the lithosphere thickness is 
158 km and for H0 = 4200 m it is only 136 km. The effect on estimated mantle lithosphere 
reference density is much smaller. The average values for H0 of 3900, 4050 and 4200 m are 
respectively 3357, 3358 and 3361 kg/m
3
. 
Thus, the calibration of the reference column by choosing an isostatic height H0 has large 
influence on absolute values of lithosphere thickness, temperature and temperature-related 
density, but little effect on the relative variations of calculated variables. The shape of the 
solution is the same no matter what calibration is used. Also, the average mantle lithosphere 
reference density ρMRef is not affected much. 
The range of meaningful values of H0 is close to the average value 4050 m from Zoback and 
Mooney (2003) (Average 2 in Table 2.1). For values of H0 below 3950 m we get very thick 
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and cold lithosphere, which is not compatible with the relatively low estimates of elastic 
thickness for southern Norway (Poudjom Djomani et al. 1999, Pérez-Gussinyé et al. 2004, 
Perez-Gussinye and Watts 2005). For values of H0 above 4300 m the code is not able to find 
a solution for more than half of the area, and therefore we cannot go much higher than H0 = 
4200 m. In further work we will chose a value of H0 in the range of 4050 – 4100 m. 
3.8.2 How does the system work? 
In our model all equations are coupled through the condition of local isostasy and 
constrained by the measured geoid heights. Therefore it is not always intuitive how the 
system responds to changes in input variables. To ease analysis of sensitivity we use a 
preliminary version of the program that uses only isostasy as a constraint. The isostatic 
condition is kept because it is the basic physical principle for the method, whereas the geoid 
heights are input data with some associated uncertainty regarding filtering. As mentioned in 
part 3.6 this version does not give a unique solution but a solution space of ρMRef and Arc, 
where each pair imply temperature and density distributions of the lithosphere in local 
isostatic equilibrium. We refer to this solution space as the isostatic solution space. 
Figure 3.23 displays the isostatic solution space calculated for data from the central part of 
southern Norway (9°E, 61°N, see Figure 3.14 for location) using the same calibration as in 
Figure 3.22, with values of H0 of 3900 m, 4050 m and 4200 m. The upper left window 
shows calculated surface heat production Arc as a function of mantle lithosphere reference 
density ρMRef. The three lines are the isostatic solution spaces, the pairs of Arc and ρMRef that 
give lithospheric columns in local isostasy, calculated for the three different values of H0. 
High crustal heat productions require low mantle heat flow and low temperatures to fit the 
prescribed surface heat flow. Since low temperatures imply increased densities the code 
finds a low mantle reference density, ρMRef, to result in local isostasy. High heat productions, 
Arc, are therefore paired with low mantle reference densities, ρMRef, and vice versa. We also 
see that high values of H0 lowers the curves of estimated upper crustal heat production Arc. 
The upper right window shows thermal lithosphere thickness as a function of ρMRef (the 
corresponding Arc’s are not shown). A low reference density ρMRef gives a thick and cold 
lithosphere, whereas a high ρMRef gives a thin and warm lithosphere. 
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Figure 3.23: Sensitivity of the isostatic solution space to different calibrations of the asthenosphere 
reference column (i.e. changes in isostatic height H0). The solution space is calculated for data in central 
southern Norway (9°E, 61°N). Dashed line shows depth distributions using H0 = 4200 m, solid line with 
crosses is for H0 = 4050 m and dotted line is for H0 = 3900 m. Upper left window shows upper crustal 
heat production Arc as a function of reference density ρMRef. Upper right window shows thermal 
lithosphere thickness and lower left window displays mantle heat flow qM. Calculated geoid anomalies 
and the observed geoid height are displayed in the lower left window. The unique solution of the final 
code is the intersection between the calculated height curves and the observed geoid height horizontal 
line.  
Changes in H0 have significant influence on calculated lithosphere thickness due to the 
condition of local isostasy. This we can explain from the interaction with the asthenosphere 
reference column. A low value of H0 increases the weight of the reference column and 
implies a heavier lithosphere column to ensure isostasy. At a given mantle reference density 
ρMRef we have to cool the mantle lithosphere to increase its density. This we do by increasing 
the upper crustal heat production Arc, which decreases the mantle heat flow and increases the 
thickness of the lithosphere. Thus, low values of H0 give thicker lithosphere, higher heat 
production and lower mantle heat flow (cf. Figure 3.23).  
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Mantle heat flow as a function of ρMRef is displayed in the lower left window. Low values of 
ρMRef gives low mantle heat flow corresponding to a deep cold lithosphere.  
The isostatic geoid anomaly ΔN is calculated as a function of ρMRef and displayed in the 
lower right corner. This figure explains how the condition of local isostasy, calculated geoid 
heights and calibration of the reference column interact. Three curves are shown for the 
different calibrations: H0 = 3900 m (dotted line), H0 = 4050 m (solid line with crosses) and 
H0 = 4200 m (dashed line). The solid line is the observed geoid height at 9°E, 61°N. For 
other locations the measured geoid height has other values and the position of the calculated 
geoid curves is different due to different Moho depths and topography. The lower value of 
H0 gives lower calculated geoid heights (dotted line). The explanation of this is that a low 
value of H0 increases the pressure in the asthenosphere reference column, which in turn 
reduces the value of the integral in equation (2.14). Conversely, higher values of H0 
increases calculated geoid heights. 
The unique solution found by the final code is the intersection between the calculated geoid 
curve in Figure 3.23 and the constant value line of the measured geoid height. We see that a 
low value of H0 gives an intersection with a low value of ρMRef, higher heat production Arc, 
deeper lithosphere and lower mantle heat flow. Higher values of H0 move the solution to the 
right, towards more fertile, thin and warm lithospheres.  
The three unique solutions for the three different calibrations are displayed as one-
dimensional depth distributions in Figure 3.24. This is to give a feeling of the physical 
parameters involved and to check results. In the upper left corner lithosphere temperatures 
are plotted for the three different calibrations with the mantle adiabatic temperature profile 
as reference. We see that the low value H0 = 3900 m gives a colder and deeper lithosphere 
(black line) and that higher values give thinner and warmer lithospheres. 
In the upper right corner heat flow is displayed and in the middle left window thermal 
conductivities are plotted. We see that the calibration also affect thermal conductivity in the 
mantle, due to its temperature-dependence. 
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The density distributions are shown in the middle right window. We see that the shape of the 
distributions is the same: there is a slight decrease in density with depth within the mantle 
lithosphere and a positive at the lithosphere asthenosphere boundary.  
 
Figure 3.24: Unique solution of the geoid-isostasy constrained code. Depth distributions of temperature, 
mantle heat flow, thermal conductivity, density and pressure difference (dp= pL - pA, between the 
lithosphere column and asthenosphere reference column) calculated for data in central southern Norway 
(9°E, 61°N) using three different calibrations of the asthenosphere reference column. Green line shows 
depth distributions using H0 = 4200 m, blue line H0 = 4050 m and black line H0 = 3900 m. The red line 
shows the mantle adiabatic temperature profile.  
In the lower left corner in Figure 3.24 the pressure difference between the lithosphere 
column and asthenosphere reference column is displayed for the three different calibrations. 
This pressure difference illustrates how the two constraints used by the code combine in one 
model: at the base of the lithosphere the pressure difference dp equals zero. This is the 
condition of local isostasy. Also, the depth integral (area) of the pressure difference curve 
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dp(z) is constant and proportional to the measured geoid height (see equation (2.14)). We 
can predict the behaviour of the system (the unique solution) quite easily by analysing how a 
parameter will affect this pressure difference distribution dp(z).  
The above considerations give us an understanding of how the modelled lithosphere system 
works and its sensitivity to variations in input data and parameters like crustal density and 
surface heat flow. In the following we will look into the sensitivity of the unique solution to 
uncertainty in these parameters. 
3.8.3 Crustal density 
Variations in crustal density affect the system in much the same way as changes in isostatic 
height H0. A lighter crust decreases pressure in the lithosphere column, pL, and therefore acts 
on the pressure difference dp in the same way as an increase in the asthenosphere reference 
column pressure pA. Thus, a decrease in crustal density ρc (decrease in pL, decrease in dp) 
has the same effect as a decrease in isostatic height H0 (increase in pA, decrease in dp) and 
will give a deeper and colder lithosphere. 
A quantification of this physical argument is given in Figure 3.25, where data is chosen from 
a location in southeastern Norway (12°E, 59°N) and run with H0 = 4050 m. The isostatic 
solution space is calculated using three different average crustal densities, ρc = 2850 kg/m
3
 
(dashed line), ρc = 2830 kg/m
3
 (solid line with crosses) and ρc = 2810 kg/m
3
 (dotted line). 
We see that a light average crust increases lithosphere thickness, increases upper crustal heat 
production, decreases mantle heat flow and lowers the curve of the calculated geoid 
anomaly. 
The three unique solutions corresponding to the different crustal densities (intersections of 
geoid curves in Figure 3.25) are picked out and their pressure difference distributions dp are 
displayed in Figure 3.26. As predicted, a lower crustal density decreases the pressure 
difference in the crust. To compensate for this, and keep the integral of dp(z) constant, the 
mantle lithosphere is colder, denser and the pressure difference in the mantle is increased. 
Conversely, a higher crustal density implies a warmer and thinner lithosphere. 
Isostatic density modelling infer a high density lower crust below central Fennoscandia that 
tapers out below the southern Scandes (Ebbing 2007). If we have a greater average density 
Chapter 3. The geoid-isostasy constrained method 
47 
 
in the eastern part of southern Norway than in the central area, where the average density of 
2830 kg/m
3
 is well constrained, the code will overestimate lithosphere thickness in the 
eastern part. 
It is clear that average crustal density has significant effect on the solution found by the 
geoid-isostasy constrained code. It is therefore necessary to have constraints on crustal 
densities from seismics. A possible improvement of the our modelling would be to make a 
more detailed model of crustal densities. Due to the sensitivity to crustal density we have not 
expanded our area of investigations to the continental shelf, where crustal densities are 
poorly constrained (Pascal, personal communication, 2010). 
 
Figure 3.25: Sensitivity of the isostatic solution space to variations in crustal density ρc. Data chosen 
from a location in southeastern Norway (12°E, 59°N). Run with H0 = 4050 m using three different 
average crustal densities, ρc = 2850 kg/m
3
, ρc = 2830 kg/m
3
 m and ρc = 2810 kg/m
3
. 
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Figure 3.26: Pressure difference between the lithosphere column and asthenosphere reference column 
calculated for data in southeastern Norway (12°E, 59°N) using three different average crustal densities 
ρc. Green line shows depth distributions using ρc = 2850 kg/m
3
, blue line ρc = 2830 kg/m
3
 m and black line 
ρc = 2810 kg/m
3
. 
3.8.4 Moho depth 
As crustal density, Moho depth affects the density and pressure distributions in the 
lithosphere column. An increase in Moho depth implies a decrease in density and pressure. 
Figure 3.27 displays the isostatic solution space calculated with three different Moho depths 
in a part of southwestern Norway (5°E, 61°N), where the code was not able to find a solution 
(see part 3.7). Moho depth at this location is 28.7 km (dashed line) according to the map of 
Kinck et al. (1993). We see that for this Moho depth the calculated geoid curve (lower right 
window) is above the measured geoid height constant line. Thus, the code cannot find a 
solution for mantle lithosphere reference densities ρMRef within reasonable limits. This is the 
case for all parts of western Norway where the code did not find a solution. We also see that 
a solution can be found with a slightly deeper Moho at 30.7 or 32.7 km depth (cf. Figure 
3.27). 
Figure 3.28 displays the Moho map with dots where a solution was found in part 3.7. We see 
that the area where no solution is found (no dots) correspond to shallower Moho than 
elsewhere estimated in southern Norway. The shallow Moho depths make calculated geoid 
heights too large to fit with the measured ones shown in Figure 3.1.  
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Figure 3.27: Sensitivity of the isostatic solution space to variations in Moho depth. Data chosen from 
southwestern Norway (5°E, 61°N), where the code did not find a solution in the preliminary run (part 
3.7). Run with H0 = 4100 m as in part 3.7. 
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Figure 3.28: Moho map of Kinck et al. (1993). Dots are plotted where the code found a solution in part 
3.7. In most of the map, the 32 km contour follows the coastline. In the upper part of western Norway 
this pattern is broken and shallower Moho is estimated. In this area no solution is found (area without 
dots). 
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If we take a look at the seismic lines used to make the Moho map in Kinck et al. (1993), we 
see that the only line that constrains Moho depth in the part with anomalous shallow Moho is 
line K (Florø-Åsnes, Sellevoll and Warrick 1971) and the off shore line C (Møre Margin, 
Ólafsson 1987). In the refraction study of Sellevoll and Warrick (1971) Moho depth at Florø 
(5°E, 61.3°N) was estimated to approximately 30 km, whereas it is a little lower, around 28 
km, in the contoured map of both Kinck et al. (1993) and Sellevoll and Warrick (1971), 
probably due to interpolation with the off shore line C. One can therefore suspect Moho 
depth estimates for the near coastal area to be underestimated due to interpolation with off 
shore estimates of Moho depth. 
New seismic refraction experiments (Stratford et al. 2009) do not show significant 
differences with the map of Kinck et al. (1993), whereas a seismic receiver function study 
(Svenningsen et al. 2007) infers deeper Moho. In the northern part of the area where we did 
not find a solution (6°E, 62.5°N) Moho depth is estimated to be approximately 38 km 
(Svenningsen et al. 2007). In the map used here it is about 30 km (Kinck et al. 1993).  
Too shallow Moho seems a likely candidate to explain the lack of solutions in western 
Norway, and uncertainty in average crustal density might add to this. For sure, the modelling 
is very sensitive to Moho depth. An improvement of the work here would be to investigate 
all seismic estimates of Moho depth and possibly exclude areas where Moho depth is 
interpolated between lines. It will increase accuracy to only apply the modelling to 2D 
profiles with detailed gridding of crustal densities and direct measurements of Moho depth. 
3.8.5 The search for a solution in western Norway 
To quantify our suggestion of a too shallow Moho in the westernmost part of southern 
Norway, we edit the Moho map in this area semimanually. At the boundaries we add 0.5 km 
to Moho depth to smooth the transition. Where no solution is found we add 1 km extra Moho 
depth. If a solution was found for the new Moho depth it was kept. If not, we continued 
increasing Moho depth until a solution was found.  
The original Moho map is shown in the left window of Figure 3.29 and the edited Moho map 
is shown in the right window. We see that in the edited map the 32 km contour follows the 
coastline and takes no detour inland. Maximum editing was performed at the coast where 4 
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km were added, increasing Moho depth from approximately 28 to 32 km. Using the edited 
map a solution was found for all grid points.  
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Figure 3.29: Original Moho map and Moho map semi-manually edited in the western part to give a 
solution. In the edited map the 32 km depth contour approximately follows the coastline. Dots show grid 
points where a solution is found.  
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Figure 3.30: Thermal lithosphere thickness calculated using the original Moho map and the edited Moho 
map using H0 = 4100 m. 
Chapter 3. The geoid-isostasy constrained method 
52 
 
Figure 3.30 displays the thickness of the thermal lithosphere calculated using the original 
Moho map (left) and the edited Moho map (right). The inferred thickness using the edited 
Moho map fits the general picture of thin lithosphere to the west thickening towards the east.  
This experiment supports the idea that Moho depth is underestimated in the northern part of 
southwestern Norway due to interpolation with off shore data. 
3.8.6 Surface heat flow 
Surface heat flow for southern Norway has been determined to be in the range of 50-60 
mW/m
2
 after paleoclimatic corrections, and increasing from west to east (Slagstad et al. 
2009). For most of the area considered the heat flow map of Slagstad et al. (2009) gives 
surface heat flow of 50 to 55 mW/m
2
, but these values might be contaminated by a few too 
low measurements (Pascal, personal communication, 2010).  
To investigate the effect of uncertainty in average surface heat flow the isostatic solution 
space is calculated for surface heat flow values of 50 mW/m
2
, 60 mW/m
2
 and 70 mW/m
2 
(cf. 
Figure 3.31). Other data are taken from a location in central southern Norway (9°E, 61°N). 
From Figure 3.31 it is clear that under the condition of local isostasy, variations in surface 
heat flow have great influence on calculated surface heat production and almost no influence 
on any other calculated variables.  
In part 3.7 quite high surface heat productions were found (1.7-3.2 μW/m3, generally above 
2.5 μW/m3) using a surface heat flow of 60 mW/m2. These values are above measured 
surface heat productions (Slagstad 2008). For a heat producing layer with a thickness of 10 
km, as modelled here, high surface heat productions of 3.0-3.5 μW/m3 are normally 
associated with relatively high surface heat flow of 60-70 mW/m
2
 (Balling 1995). 
This suggests that a surface heat flow of 60 mW/m
2
 is slightly too high and it might be more 
appropriate to use a surface heat flow of 55 mW/m
3
, also corresponding with the map of 
Slagstad et al. (2009). 
Figure 3.32 shows upper surface heat production Arc calculated using a surface heat flow qs 
of 60 mW/m
2
 (left window) and 55 mW/m
2
 (right window). The slightly lower heat flow of 
55 mW/m
2
 implies heat productions in the range of 1.0-2.7 μW/m3, where most values are 
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around 2 μW/m3. These values are compatible with measurements of surface heat production 
(Slagstad 2008).   
 
 
Figure 3.31: Sensitivity of the isostatic solution space to uncertainty in surface heat flow measurements. 
Data chosen from a location in central southern Norway (9°E, 61°N). Run with H0 = 4050 m using three 
different values of surface heat flow, qs = 70 mW/m
2
, qs = 60 mW/m
2
 and qs = 50 mW/m
2
. 
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Figure 3.32: Upper crustal heat production Arc calculated using an average surface heat flow qs = 60 
mW/m
2
 (left window) and qs = 55 mW/m
2
 (right window). 
3.8.7 Geoid heights 
In the eastern part of southern Norway we might have a contribution to geoid heights from 
glacial isostatic adjustment (GIA). Estimates of the present-day contribution of GIA to the 
geoid heights in Scandinavia is estimated to be in the range of -3 to 0 m ranging from zero at 
the Norwegian West Coast to a maximum around the Bothnian Bay (Vermeersen and 
Schotman 2008, see Figure 2 and Figure 6).   
For the eastern part of the area investigated we might therefore use slightly too low geoid 
heights. The code was run for data in southeastern Norway (12°E, 61°N) for the original 
geoid height (Figure 3.33, green line) and for geoid heights increased by 1 m (Figure 3.33, 
blue line) and 2 m (Figure 3.33, black line). We see that by increasing the geoid height we 
increase the integral of the pressure difference distribution dp and forces the code to find a 
solution for a thicker and colder lithosphere.  
When we do not correct for possible GIA signals in the eastern part we possibly 
underestimate lithosphere thickness. The thick thermal boundary layer estimated in the 
eastern part of southern Norway is therefore not an artefact of GIA signal in the measured 
geoid heights. 
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Figure 3.33: Depth distributions of the pressure difference dp between the lithosphere column and 
asthenosphere reference column calculated for data in southeastern Norway (12°E, 61°N) using the 
original measured (and filtered) geoid height ΔN (green line). Also shown are results using a geoid 
heights increased by 1 m (blue line) and 2 m (black line). The red line shows the mantle adiabatic 
temperature profile. The code was run with H0 = 4050 m.  
3.8.8 A priori assumptions and input data 
Another question is, what happens if our a priori conditions of thermal equilibrium and local 
isostasy are not fulfilled by nature?  
As discussed in part 3.1 local isostasy for the long wavelength component of topography in 
southern Norway is a quite safe assumption and will not be discussed further.  
Thermal equilibrium or quasi steady-state is often assumed because it makes modelling of 
the temperature field possible from surface data. This is a reasonable approach in continental 
areas with no (large scale) tectonothermal activity the last few 100 Myr (see part 2.2). In 
southern Norway the last great tectonic event was rifting of the Oslo Graben and west of 
southern Norway the opening of the North Atlantic. 
Also, it is widely claimed that southern Norway experienced active tectonic uplift in the 
Neogene (Japsen and Chalmers 2000). Among other hypothesis, the emplacement of an 
asthenospheric diapir 30 Ma has been suggested to explain this (Rohrman and van der Beek 
1996). A tectonothermal event as young as 30 Myr might not have had time to diffuse to the 
surface and raise the surface heat flow, depending on the depth and temperature contrast of 
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the “event”. Assuming that southern Norway experienced some tectonic activity in the 
Neogene, our assumption of thermal steady-state might not be true, and the surface heat flow 
we measure present-day is a remnant of earlier times. 
Figure 3.34 illustrates how input data and basic assumptions belong to different parts of the 
timeline, if an unequilibrated thermal event affects the region of interest. The surface heat 
flow is a signal from the past, whereas geoid heights are caused by the present-day density 
distribution. Thermal equilibrium is a future condition only possible if the system is left 
undisturbed to equilibrate some hundred million years. 
If a tectonothermal event affected the mantle lithosphere below southern Norway recently, 
how should we interpret the solution found by the geoid-isostasy constrained method? 
Thermal disequilibrium will mean a too low surface heat flow and be circumvented to a 
large extent by adjusting the upper crustal heat production Arc. A lower value of upper 
crustal heat production will be calculated (allowed to vary between 0 and 8 μW/m3) and a 
shallower thermal lithosphere will be inferred. Still, the lithosphere geotherm will be an 
equilibrium temperature profile. The code will therefore calculate a compromise between the 
future equilibrium and the hypothetical present-day raised temperatures in the mantle.  
Past  Present  Future
Surface heat flow Geoid heights Thermal equilibrium
Time line
 
Figure 3.34: Time line. Surface heat flow is a remnant of the past. Geoid heights are a consequence of the 
present-day density distribution. Thermal equilibrium (thermal steady-state) might describe the present-
day situation or it might be a future ideal. 
3.9 Final results from the geoid-isostasy constrained 
method 
The sensitivity analysis shows that the calibration of geoid heights does not influence 
relative variations and only affects absolute values. Also, the range of isostatic heights H0 
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that gives physically meaningful results are close to the average computed by Zoback and 
Mooney (2003) from mid-ocean ridge data. 
Crustal density is very important and must be estimated from seismic data. Neglection of a 
slightly denser crust towards the central Fennoscandia leads to a possible overestimation of 
lithosphere thickness in the eastern parts. The effect of a negative signal in the geoid heights 
from glacial isostatic adjustment will have the opposite effect: we infer thinner lithosphere 
the more negative the geoid heights.  
The most likely explanation for the missing solutions in western Norway is too shallow 
Moho depth in the input data due to interpolation with off shore lines. Preferably, 
interpolated data should not be used due to the sensitivity of the code to Moho depth. 
Under the condition of local isostasy, variations in average surface heat flow mostly affect 
the calculated crustal heat production. Comparison of calculated and measured surface heat 
productions suggests that the code should be run with an average surface heat flow value 
around 55 mW/m
2
. 
If we at the present-day do not have thermal steady-state due to some recent tectonothermal 
activity, the code will find a compromise between the present-day state and a future 
equilibrium by inferring a purely artificial surface heat production. 
Keeping these limitations in mind, we present our final model from the geoid-isostasy 
constrained method in Figure 3.35 to Figure 3.42. These results are derived using a surface 
heat flow of 55 mW/m
2
 and an isostatic height H0 of 4100 m. Although the edited Moho 
map shown in Figure 3.29 is probably a better estimate it was not used, since a new map 
requires a thorough investigation of all new and old seismic experiments. 
We find an average mantle lithosphere reference density ρMRef of 3.36 g/cm
3
, where the 
small variations of 3.35-3.37 g/cm
3
 are not believed to be significant. Crustal heat 
productions are found to be between 1-2.7 μW/m3, mainly around 2 μW/m3, in agreement 
with surface measurements (Slagstad 2008).  
Lithosphere thickness defined as the depth to the intercept between the geotherm and mantle 
adiabat is shown in Figure 3.35. We infer a lithosphere thickness of around 130 km in 
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western Norway that increases to about 200 km in the eastern part. Also, shallower 
lithosphere is inferred around the Oslo Graben. The very low values (≈ 90-100 km) adjacent 
to the area with no solutions are probably an artefact of the too shallow Moho for the 
northern part of western Norway. 
Heat flow into the base of the lithosphere is displayed in Figure 3.36 and follows the same 
pattern as lithosphere thickness. Below central southern Norway mantle heat flow is 
determined to around 23 mW/m
2
, with higher values to the west. To the east mantle heat 
flow decreases to around 15 mW/m
2
. 
 
Figure 3.35: Thermal lithosphere thickness inferred using preferred parameters: a surface heat flow of 
55 mW/m
2
 and an isostatic height H0 of 4100 m. 
The above listed parameters all affect the temperature and density distribution. To get a 
better view of the spatial variation in temperature, we display temperature inferred at depths 
of 100, 115 and 130 km in Figure 3.37. It is clear that higher temperatures are inferred below 
central southern Norway and the Oslo Graben. Figure 3.38 shows a vertical cross section of 
temperatures at latitude 60°N, with upper mantle temperatures around 700°C in the western 
part and 150-200°C lower in the eastern part. Lateral variations in temperature are smooth 
and small compared to vertical variations. Hence, one-dimensional thermal equilibrium is a 
good approximation for the thermal state of the lithosphere and will not differ much from a 
three-dimensional equilibrium. 
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Figure 3.36: Mantle heat flow qM into the base of the lithosphere inferred using preferred parameters: a 
surface heat flow of 55 mW/m
2
 and an isostatic height H0 of 4100 m. 
 
 
Figure 3.37: Temperature inferred at depths of 100 km, 115 km and 130 km using a surface heat flow of 
55 mW/m
2
 and an isostatic height H0 of 4100 m. 
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Figure 3.38: Temperature inferred at a constant latitude of 60°N using a surface heat flow of 55 mW/m
2
 
and an isostatic height H0 of 4100 m. 
 
Temperature-dependent densities at depths of 100, 115 and 130 km are displayed in Figure 
3.39. We find lighter material with a density of around 3290-3300 kg/m
3
 in central southern 
Norway and the Oslo Graben, and heavier material of 3330-3350 kg/m
3
 in the eastern part. A 
cross section in Figure 3.40 shows this transition from east to west. For light material to be 
present below the southern Scandes we do not need anomalous composition or a thermal 
transient. The low densities are computed from considerations of thermal equilibrium and 
the present-day geopotential (geoid heights), but off course requires a higher heat influx into 
the central and western part of southern Norway (cf. Figure 3.36).     
 
Figure 3.39: Density inferred at depths of 100 km, 115 km and 130 km using a surface heat flow of 55 
mW/m
2
 and an isostatic height H0 of 4100 m. 
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Figure 3.40: Density inferred at a constant latitude of 60°N using a surface heat flow of 55 mW/m
2
 and 
an isostatic height H0 of 4100 m. 
 
Figure 3.41 shows that the horizontal variations in temperature and density also result in 
differences in forward calculated shear-velocities. There is a gradient between east and west 
with lower velocities in the west and higher velocities in the east. A vertical profile in Figure 
3.42 shows a low-velocity zone in the western part with a minimum shear-velocity of 4240 
m/s corresponding to a velocity anomaly of around 3 % with respect to reference model 
EUCAK. This low-velocity zone tapers out towards the east, where the velocity anomaly is 
less than 1 %. These anomalies are comparable to results from seismic investigations of the 
lithosphere asthenosphere boundary (LAB) in continental regions (Kind and Li 2007, and 
references therein). The cause of the low shear-wave velocities are temperature variations 
and thermal relaxation (i.e. anharmonic and anelastic effects). No partial melt or volatiles are 
invoked to predict this low-velocity zone. Also, it is clear that the magnitude of this velocity 
anomaly is dependent on the thickness of the lithosphere due to the competing effects of 
temperature and pressure. 
All results stated here are derived using the steady-state heat equation. Due to the possibility 
of tectonothermal activity in the Neogene we will also use a direct inversion of tomographic 
data to investigate the thermal state of the lithospheric mantle (Chapter 4). This inversion is 
not limited by assumptions of equilibrium and is therefore complementary to the geoid-
isostasy constrained method. The inversion of tomographic data will also allow us to expand 
the area of investigation to all of northern Europe, but will not have the same dense 
resolution for southern Norway as the geoid-isostasy constrained method. 
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Figure 3.41: Shear-velocity inferred at depths of 100 km, 115 km and 130 km using a surface heat flow of 
55 mW/m
2
 and an isostatic height H0 of 4100 m. 
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Figure 3.42: Shear-velocity inferred at a constant latitude of 60°N using a surface heat flow of 55 mW/m
2
 
and an isostatic height H0 of 4100  
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Chapter 4. Inversion of S-wave velocity to 
temperature 
We will now estimate the properties of the mantle from a completely different approach by 
interpreting S-wave velocities obtained by seismic tomography in terms of temperature and 
density. The approach is basically the inverse of the one used in the previous section where 
S-wave velocities were calculated from density and temperature. 
We adopt the method used by Goes et al. (2000) and apply it to the regional surface wave 
tomography of Weidle and Maupin (2008). Two versions of the code were made: one that 
inverts for horizontal slices at a constant depth and one that inverts for vertical profiles at a 
given latitude.  
4.1 Input data 
We invert absolute velocities and not anomalies. An example of the velocities is shown with 
an outline of northern Europe in Figure 4.1. They correspond to the velocity anomalies in 
Figure 1.3 plus the reference model.  
In the inversion we forward calculate synthetic seismic velocities in an iterative process. To 
do this, we use experimental data on various mineral physics parameters: elastic moduli, 
density, thermal expansion and their derivatives with respect to iron content, temperature 
and pressure. We have used data compiled by Goes et al. (2000).  
For composition we use averages for anhydrous subcontinental mantle lithosphere, see Table 
4.1 for composition and references. 
Several sets of parameters for anelastic attenuation are used with equation (2.16). References 
and some comments are given in Table 4.2. Values of the parameter sets are given in 
Appendix 2. The parameter sets are denoted Q1, Q2, Q3 and Q4, where Q1 and Q2 correspond 
to the Q-models used in Goes et al. (2000). In all parameter sets unit frequency ω = 2π is 
used. 
Pressure is estimated from the reference model EUCAK (Weidle and Maupin 2008) which is 
based on the model ak135 (Kennett et al. 1995). The pressure distribution is therefore 
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decoupled from the inferred temperature-related density distribution, which makes the 
inversion very much simpler. Different tests were done to see if this decoupling influences 
the results. A maximum horizontal pressure difference between oceanic and continental 
regions was estimated to 120 MPa from EUCAK. Also, the geoid-isostasy constrained code 
gave estimates of maximum horizontal pressure difference around 100 MPa. These pressure 
differences are associated with a change in inverted temperatures of 1°C. We can therefore 
safely use a reference model to calculate a reference pressure. 
   
Figure 4.1: Shear-velocity at a depth of 115 km (Weidle and Maupin 2008). 
 
Table 4.1: Mantle compositions used for inversion of S-wave velocities to temperature. Data compiled by 
Goes et al. (2000). Additional compositions were used to test sensitivity of the inversion to composition 
but are not shown here. The primitive garnet peridotite is fertile, the average continental garnet 
lherzolite is medium depleted and the Archean subcontinental composition is much depleted. 
 Relative proportions of 
minerals: 
ol/opx/cpx/gt % 
Iron content X =  
1 - mg# =  
1 - Mg/(Mg+Fe) 
Reference 
Primitive garnet 
peridotite 
58/18/10/14 0.11 (McDonough 1990, Goes 
et al. 2000) 
Average continental 
garnet lherzolite 
67/23/4.5/5.5 0.10 (Jordan 1979, Goes et al. 
2000) 
Archean subcontinental 
lithosphere, garnet 
lherzolite 
69/25/2/4 0.07 (Griffin et al. 1999, Goes 
et al. 2000) 
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Table 4.2: References and some notes about the different sets of attenuation model parameters. See 
Appendix 2, Table 0.2 for values. For all parameter sets unit frequency ω = 2π is used.  
Set of attenuation model 
parameters 
Reference Notes 
Q1 (Sobolev et al. 1996, model 2) Same as Q1 in Goes et al. (2000). Parameters 
are based on averages of experimental data 
(see references in Sobolev et al. 1996) and 
calibrated to fit with the global Q-model 
(from seismic observations) of Anderson and 
Given (1982) 
Q2 (Berckhemer et al. 1982, 
Kampfmann and Berckhemer 
1985, Goes et al. 2000) 
Same as Q2 in Goes et al. (2000). Based on 
pure experimental data at high temperatures 
and atmospheric pressures. 
Q3 (Sobolev et al. 1996, Shapiro and 
Ritzwoller 2004) 
Based on Q1 but with recalibration of the 
constant A to fit with the global shear-
velocity model for the upper mantle of 
Shapiro and Ritzwoller (2002). 
Q4 (Jackson et al. 2002) Based on experimental data on olivine 
polycrystals at seismic frequencies and high 
temperature and pressure. Takes into account 
the effect of grain-size on attenuation. 
 
4.2 Inversion scheme 
We use a point by point iteration as in Furlong et al. (1995) and Goes et al. (2000) 
 )()/(
)(,,1
n
syns
n
synsobss
damp
nn
TTV
TVV
FTT


  (4.1) 
where Tn+1 is temperature in iteration number n+1, Vs,obs is the absolute observed velocity, 
Vs,syn(T
n
) is the forward modelled velocity for temperature Tn and )()/(
n
syns TTV   is the 
temperature derivative of the synthetic velocity at temperature Tn. Fdamp is a damping factor 
needed because TVs  /  depends nonlinearly on temperature (Goes et al. 2000). The 
forward calculated synthetic velocity Vs,syn(T
n
) is calculated using equation (2.17) and its 
derivative )()/(
n
syns TTV   is calculated from equation (0.19) in Appendix 1. 
The strategy behind this iteration is very simple. We start out with an arbitrary temperature 
T0 and calculate  
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Then we correct our starting temperature T0 by an amount ΔT  
 )()/(
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 (4.3) 
where ΔT is a first order estimate of how wrong our starting temperature is. 
When we repeat this process and multiply ΔT with the damping factor Fdamp, we get equation 
(4.1). The iteration stops in each point when   4,,, 10/  obsssynsobss VVV . As long as the 
relation between T and Vs is not extremely non-linear, the starting temperature T
0
, the 
damping factor Fdamp and the derivative syns TV )/(  will not influence the final results, only 
the iteration process. 
In this inversion we use full expressions for syns TV )/(  , see equation (0.19), where Goes et 
al. (2000) excluded the middle term. This term grows more important at high temperature 
and including it increases the stability of the inversion without inducing any complexities. 
For details, see Appendix 1. 
4.3 Uncertainty and sensitivity 
A range of parameters affect seismic velocities: temperature, composition, the presence of 
volatiles, partial melt and anisotropy. Among these, temperature asserts the major control on 
seismic velocities in the uppermost mantle (Goes et al. 2000, Cammarano et al. 2003). The 
temperature dependence of anelasticity amplifies the sensitivity of seismic velocities to 
temperature and also introduces a frequency dependence (Karato 1993, Goes et al. 2000). 
The effects of hydrous minerals, volatiles and partial melt are difficult to quantify. 
Phlogopite is thought to be stable up to temperatures of 1300°C (Thompson 1992) and could 
significantly reduce shear velocities due to its low shear modulus, but the scarcity of 
experimental data makes forward modelling difficult (Keyser et al. 2002).  
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We therefore neglect several parameters: partial melt, hydrated minerals, volatiles and 
anisotropy. These are thought to be more local features than temperature and anhydrous 
composition. In areas where e.g. partial melt is present and contributes to a low-velocity 
anomaly, the inversion will convert the entire low-velocity anomaly to a temperature 
anomaly. We should therefore be aware of the parameters that we neglect in the 
interpretation of the results. 
4.3.1 Sensitivity to choice of attenuation model parameters 
Figure 4.3 shows temperature inverted in a vertical profile for the four different sets of 
attenuation model parameters listed in Table 4.2. The profile is made at a latitude of 64°N 
and at longitudes ranging from 20°W (Iceland) to 30°E (central Finland) and is shown in 
Figure 4.2 (grey solid line). Longitudes of 6-18°E correspond approximately to Caledonian 
units and longitudes of 18-30°E to Proterozoic and Archean parts of the Baltic Shield (cf.  
Figure 1.2). In the temperature inversion we used a constant composition of an average 
(sub)continental garnet lherzolite (Jordan 1979), despite the fact that we can expect more 
depleted compositions in the Baltic Shield. 
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Figure 4.2: Location of the vertical profile at latitude 64°N (grey solid line). The 500 m water depth (thin 
solid black line) corresponds approximately to the continental margin. Dotted line is 500 m bathymetry 
around the Faroese Islands and Iceland. 
The upper window shows temperatures inverted using the parameter set Q1 (Sobolev et al. 
1996), which is based on average values of experimental data and calibrated to fit the global 
Q model of Anderson and Given (1982) by adjusting the parameter A. The parameter set Q1 
gives both the highest and lowest inverted temperatures and thus provides the smallest 
anelastic correction compared to the other parameter sets. The purely experimental 
parameter sets Q2 (Berckhemer et al. 1982, Kampfmann and Berckhemer 1985) and Q4 
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(Jackson et al. 2002) provides intermediate anelastic corrections, whereas Q3 (Shapiro and 
Ritzwoller 2004) provides the strongest correction. Shapiro and Ritzwoller (2004) used  
experimental parameters as in Sobolev et al. (1996), but recalibrated the constant A to fit 
with their global shear-velocity model for the upper mantle.  
Due to the calibration with a shear-velocity model at lithospheric depths (200 km), the 
attenuation model parameters Q3 (Shapiro and Ritzwoller 2004) are preferred in this work. 
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Figure 4.3: Temperature inverted using four different sets of attenuation model parameters. The upper 
window shows temperatures inverted using parameter set Q1 (Sobolev et al. 1996, Goes et al. 2000). This 
set of parameters gives the highest temperatures. The second window from the top is temperature 
inverted using parameter set Q2 (Berckhemer et al. 1982, Goes et al. 2000). In the third window the  
parameter set Q3 (Sobolev et al. 1996, Shapiro and Ritzwoller 2004) was used. This parameter set gives 
the strongest anelastic correction and reduces temperature differences the most. The fourth window 
shows temperatures inverted using parameter set Q4 (Jackson et al. 2002) with a grain-size d of 1 mm. 
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The Qμ values associated with the inverted temperatures are displayed in Figure 4.4 as 
log10(Qμ). We see that the experimental parameter sets Q2 and Q4 give the greatest variations 
in Qμ with very low values for areas with warm inverted temperatures and extremely high 
values for areas with cold inverted temperatures. The two parameter sets that are calibrated 
to fit with seismic observations (Q1 and Q3) show less variation.  
It should be kept in mind how large variation even small changes in the attenuation model 
parameters can give. We therefore do not claim that our inverted temperatures are exact, and 
will pay more attention to relative variations than to absolute temperatures. Let us note that 
the non-linearity introduced by the presence of anelasticity implies that negative and positive 
velocity anomalies of equal amplitude do not have the same thermal amplitude (Cammarano 
et al. 2003). The inversion therefore gives a better estimate of relative temperatures than a 
pure scaling or interpretation of velocity anomalies into areas of “hot” and “cold”.  
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Figure 4.4: Qμ associated with the inverted temperatures in Figure 4.3. See text in Figure 4.3. 
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4.3.2 Sensitivity to mantle composition 
Variations in dry composition has only minor effect on seismic velocities in the upper 
mantle and will result in velocity anomalies of less than 1 % (Goes et al. 2000, Cammarano 
et al. 2003). Among different (dry) compositional parameters the iron content X has the 
greatest effect on seismic velocities (Deschamps et al. 2002, Godey et al. 2004). 
Composition will therefore have a significant effect in Archean regions where the mantle is 
depleted in iron. 
Figure 4.5 shows the same temperature profile as in Figure 4.3 now inverted for three 
extreme compositions: a primitive garnet peridotite (enriched in iron), an average 
(sub)continental garnet lherzolite (medium depleted in iron) and a composition typical for 
Archean subcontinental mantle (depleted in iron). See Table 4.1 for relative proportions of 
minerals and iron content. It is clear from Figure 4.5 that there is almost no difference 
between temperatures inverted using the average continental garnet lherzolite and the 
primitive garnet peridotite (upper window and second window), whereas the Archean 
composition raises inverted temperatures. In areas with high seismic velocities and low 
inverted temperatures the Archean composition increases temperatures with 100-150°C. The 
higher the velocities the more significant this effect. 
For parts of the Baltic Shield, where we can expect an Archean composition of the mantle, 
we will underestimate temperatures by 100-150°C, if we use an average continental 
composition. Keeping this in mind, we will mostly use the average continental garnet 
lherzolite (Jordan 1979) to invert for mantle lithosphere temperatures.   
Chapter 4. Inversion of S-wave velocity to temperature 
71 
 
900
900
900
9009
00
1100
1100
1100
1100
1100
1100
1300
130
0
13
00
1300
1300
1300
1500
1500
1
5
0
0
1500
15
00
1100
700
Longitude
D
e
p
th
, 
k
m
Temperature inverted using a primitive garnet peridotite
 
 
-20 -10 0 10 20 30
100
150
200 500
1000
1500
700
900
900
900
900
11001100
1100
11001100110
0
1300
130
0
13
00
1300
1300
1300
1500
1500
15
001500
1100
7
0
0
Longitude
D
e
p
th
, 
k
m
Temperature inverted using an average continental garnet lherzolite
 
 
-20 -10 0 10 20 30
100
150
200 500
1000
1500
700
110011
00
11
00
1100
1300
130
0
130
0
1300
1300
1500
1500
1500
1500
150
0
1500
1100
900
900
1
5
0
0
Longitude
D
e
p
th
, 
k
m
Temperature inverted using an archean composition
 
 
-20 -10 0 10 20 30
100
150
200 500
1000
1500
 
Figure 4.5: Temperatures inverted in a vertical profile at latitude 64°N. Upper window shows 
temperature inverted using a primitive garnet peridotite (fertile) (McDonough 1990). Middle window is 
temperature inverted using an average continental garnet lherzolite (Jordan 1979). Lower window is 
temperature inverted using a depleted Archean composition (Griffin et al. 1999). See Table 4.1 for 
compositional details. Attenuation model parameter set Q3 (Shapiro and Ritzwoller 2004) is used in the 
inversion.  
4.3.3 Uncertainty inherited from the tomographic model 
All uncertainty related to the resolution and amplitudes of seismic velocity anomalies will be 
transferred from the velocity model to the inverted temperatures.  
Goes et al. (2000) inverted a regional S-wave model in central and western Europe 
(Marquering and Snieder 1996) for temperatures at a depth of 100 km. The velocity 
anomalies are calculated with respect to PREM (continental modified PREM models Eur 
and EUR40 (Zielhuis and Nolet 1994)) and are in the range of ± 5 % (Marquering and 
Snieder 1996). Using the attenuation model parameter set Q1 Goes et al. (2000) got 
temperatures in the range of 700-1500°C that correspond well with surface tectonics, see 
Figure 4.6. Still some features, such as a temperature of around 1400-1500°C 100 km below 
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the British Isles seem quite high when compared to the dry mantle solidus, which is around 
1500°C at this depth (line DPS, Dry Peridotite Solidus, in Figure 4.7). 
 
Figure 4.6: Left: S-wave velocity model from Marquering and Snieder (1996). Right: inverted 
temperatures from Goes et al. (2000) using attenuation parameter set Q1 and composition of an average 
continental garnet lherzolite (Jordan 1979). (Reproduced from Plate 1 and 2 in Goes et al. 2000). 
 
Figure 4.7. Near solidus petrology and temperature distribution in the upper mantle. The average 
current mantle adiabat (ACMA) is constrained at the 410-km and 660-km seismic discontinuities near 
1450°C and 1600°C and has a potential temperature of 1280 °C. Upwelling mantle plume adiabat (PA) is 
200°C hotter than ACMA. Anhydrous (dry) peridotite solidus is the solid line DPS. Water-saturated 
(wet) peridotite solidus is the solid line WPS. The figure is reproduced from Figure 1 in Thompson 
(1992) and text is modified from the same source. 
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If we invert the S-wave model of Weidle and Maupin (2008) for temperatures at a depth of 
100 km, using the parameter set Q1 as in Goes et al. (2000), we get the temperatures 
displayed in Figure 4.8. These temperatures are obviously exaggerated as they range from 
500°C to 1900°C and clearly exceed the dry solidus of the mantle (line DPS in Figure 4.7). 
The reason for these high temperatures is that amplitudes of the velocity anomalies are much 
larger in the model of Weidle and Maupin (2008) and range from ± 12 % relative to ak135, 
see Figure 1.3. Goes et al. (2000) noted that especially uncertainties related to the recovery 
of amplitudes of seismic velocity anomalies can hinder the estimate of the associated thermal 
anomalies.  
As discussed in part 4.3.1 the attenuation model has great influence on inverted 
temperatures. The parameter set Q3 of Shapiro and Ritzwoller (2004) was calibrated to fit 
with a global S-wave model inverted from surface wave dispersion data (Shapiro and 
Ritzwoller 2002), the same kind of data as used in Weidle and Maupin (2008). The model of 
Shapiro and Ritzwoller (2002) has velocity anomalies with amplitudes up to ± 10 % relative 
to ak135. The same horizontal slice as in Figure 4.8 was inverted using the attenuation 
model parameters of Shapiro and Ritzwoller (2004) and results are displayed in Figure 4.9. 
We see that these attenuation parameters reduce inverted temperatures dramatically and 
result in a temperature range of 700-1500°C, comparable with the results of Goes et al. 
(2000) in Figure 4.6.  
This suggests that there is a trade off between the attenuation parameters and the type of 
seismic data used to calibrate the parameters (the parameter A). Models with greater velocity 
anomaly amplitudes require higher anelastic damping to result in physically plausible 
temperatures. Ideally, this should not be so. It remains to be determined what causes the 
differences between the tomographic models. Concerning the temperature inversion, it is 
clear that if velocity anomaly amplitudes are overestimated, so are temperatures. Even using 
the stronger anelastic damping from Shapiro and Ritzwoller (2004) in the inversion, 
maximum temperatures are high when compared to the wet and dry solidi of the mantle 
(Figure 4.7) and would imply melting below southern Norway. 
From this we must conclude that at the present stage we cannot get absolute temperatures 
from the velocity to temperature inversion and rather get relative variations that are probably 
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exaggerated. Still, this is better than a direct interpretation of velocity anomalies as hot and 
cold, and also reflects upon the tomographic model and its physical interpretation. 
The depth range with good resolution is 70-200 km in the S-wave velocity model of Weidle 
and Maupin (2008). This also corresponds to the depth range where the extrapolation of 
surface values of rock physics parameters is valid (part 2.6.1). We therefore confine our 
inversion to this depth range. Lateral resolution is best for northern central Europe and 
southern Scandinavia (Weidle and Maupin 2008). 
 
Figure 4.8: Temperatures inverted from the S-wave velocity model of Weidle and Maupin (2008) using 
Q1 (Sobolev et al. 1996) at a depth of 100 km. 
 
Figure 4.9: Temperatures inverted from the S-wave velocity model of Weidle and Maupin (2008) using 
Q3 (Shapiro and Ritzwoller 2004) at a depth of 100 km. 
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4.3.4 Final comments on uncertainty 
In the rock physics part uncertainty stems from both the experimental data (see Table A1 in 
Goes et al. 2000), from the averaging scheme (Hill 1952) and the first order extrapolation 
itself. The question is how uncertainty in all parameters sum up in the final inversion. As 
shown, especially the anelasticity parameters have dramatic effect (cf. Figure 4.3). No strict 
analysis of error is performed here. Instead, we check our results for a well studied area by 
making a cross section through central Europe and the Eifel plume. The location of the 
vertical profile is shown in Figure 4.10 and inverted temperatures are displayed in Figure 
4.11.  
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Figure 4.10: Location of the Eifel Plume. Grey line depicts cross section made through the Eifel plume. 
Thick black line is coastline. Thin black line is 500 m water depth that corresponds approximately to the 
continental margin. 
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Figure 4.11: Inverted temperatures in a vertical profile through the Eifel plume. Attenuation parameter 
set Q3 was used and a uniform composition of an average continental garnet lherzolite (Jordan 1979). 
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For the westernmost oceanic parts we infer a thin thermal boundary layer (approximately the 
depth to the 1300°C isotherm) thickening towards the continental regions in the central part 
of the profile. Some noise is also present, especially in the western part, where at very 
shallow depth (< 100 km) some warmer temperatures are inferred above colder ones. Below 
100 km we see a more regular pattern of increasing temperatures and thickening of the 
thermal boundary layer. 
At the longitudes 4-9°E there is an upwarp of the 1300 and 1350°C isotherms and a positive 
temperature anomaly with respect to adjacent areas. This area corresponds to the location of 
the Eifel plume. We have not taken into account the effect of small fractions of partial melt 
that also reduce seismic velocities, and therefore temperatures inverted for the plume will be 
somewhat overestimated. In the eastern part more “normal” temperatures are predicted, 
cooling towards the east. The plume location and temperature excess correspond well to 
local seismic investigations of the Eifel plume (Ritter et al. 2001, Keyser et al. 2002) 
confirming that the inversion to temperature can give a useful physical interpretation of 
seismic velocities. 
4.4 Results  
The inversion was finally performed using attenuation parameters from Shapiro and 
Ritzwoller (2004) and an average continental garnet lherzolite (Jordan 1979). Horizontal 
slices are made at depths of 70, 90, 115, 140, 170 and 200 km and vertical profiles are made 
through southern Norway.  
4.4.1 Horizontal slices in Northern Europe 
Inverted temperatures at a constant depth of 115 km are displayed in Figure 4.12. The 
general picture is very high temperatures below Iceland, a cold East European Craton and 
high temperatures in central Europe. A very hot thermal anomaly is inferred below southern 
Norway and it seems to be connected to the Iceland hotspot.  
In the East European Craton and Baltic Shield temperatures are generally estimated to 600-
900°C at a depth of 115 km, with some extremely low estimates around 300-500°C. If we 
assign a depleted Archean composition to the cratonic areas temperatures will increase with 
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100-150°C (part 4.3.2). This is not enough to explain the coldest inverted temperatures and 
suggests that the high-velocity anomalies are overestimated as well as the low-velocity 
anomalies. 
Below southern Norway inverted temperatures have a maximum value of around 1550°C, 
close to the dry peridotite solidus at this depth (Figure 4.7). These temperatures are not 
typical of ”normal” mantle, but of upwelling mantle plumes (Figure 4.7) and suggests that 
the low velocities below southern Norway are underestimated. 
Temperature-related densities are displayed in Figure 4.13 and show a pronounced low-
density anomaly below southern Norway with values around 3200 kg/m
3
, approximately 75 
kg/m
3
 less than predicted by the geoid-isostasy constrained code at equal depths (Figure 
3.40).  
The shear wave quality factor Qμ associated with the inverted temperatures is shown in 
Figure 4.14 as log10(Qμ). The very low values of 10-50 for large areas are partly due to the 
stronger anelastic attenuation from the parameter set of Shapiro and Ritzwoller (2004) and 
partly due to the high inverted temperatures. 
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Figure 4.12: Temperature inverted at a depth of 115 km using the composition of an average continental 
garnet lherzolite (Jordan 1979) and attenuation parameter set Q3 (Shapiro and Ritzwoller 2004). Also 
shown are coast line (solid grey line), 500 m water depth corresponding approximately to the continental 
margin (grey dashed line) and 500 m water depth around Iceland and the Faroese Islands (dotted grey 
line). 
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Figure 4.13: Temperature-related density inferred at a depth of 115 km using the composition of an 
average continental garnet lherzolite (Jordan 1979) and attenuation parameter set Q3 (Shapiro and 
Ritzwoller 2004). Also shown are coast line (solid grey line), 500 m water depth corresponding 
approximately to the continental margin (grey dashed line) and 500 m water depth around Iceland and 
the Faroese Islands (dotted grey line). 
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Figure 4.14: Quality factor Qμ related to the inverted temperature at a depth of 115 km. Parameters 
used in the inversion are the composition of an average continental garnet lherzolite (Jordan 1979) and 
attenuation parameter set Q3 (Shapiro and Ritzwoller 2004). Also shown are coast line (solid grey line), 
500 m water depth corresponding approximately to the continental margin (grey dashed line) and 500 m 
water depth around Iceland and the Faroese Islands (dotted grey line). 
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To give a better feeling of the spatial distribution of inverted temperatures additional 
horizontal slices are made at depths of 70, 90, 140, 170 and 200 km. Figure 4.15 displays 
temperature at 70 km depth, supposed to be the upper limit where the tomography is 
unaffected by the crustal model (Weidle and Maupin 2008). Yet, the results are quite messy 
and the inverted temperatures have a lot of small-scale variations. 
In Figure 4.16 inverted temperatures at a depth of 90 km are displayed. We see that the 
inferred high-temperature anomaly below southern Norway is also present at this depth with 
temperatures slightly above 1400°C. In the North Sea very low temperatures (200-500°C) 
are found and in the East European Craton quite warm temperatures are inferred, more than 
300°C warmer than at lower depths. Both of these features are physically unrealistic.  
Inverted temperatures at a depth of 140 km (Figure 4.17) show a hot thermal anomaly below 
southern Norway and also unrealistically low temperatures in the East European Craton. The 
white area is inverted temperature below 300°C. These temperatures will be increased by up 
to 200°C by assigning an Archean composition. Despite this, these low temperatures are 
completely out of any physically possible range.  
Temperature differences decrease progressively at depths of 170 km (Figure 4.18) and 200 
km (Figure 4.19). Yet, quite large contrasts are found at 200 km depth with minimum 
temperatures around 800°C and maximum around 1600°C. Average temperature is 
approximately 1400°C, as we should expect at this depth, but variations are probably too 
large.  
Also, there seems to be some depth inversion between high and low amplitudes of both 
seismic velocities and inverted temperatures. For example we infer very low temperatures at 
shallow depths in the North sea (70 and 90 km, Figure 4.15 and Figure 4.16), which are 
followed by very high temperatures at greater depths (170 and 200 km, Figure 4.18 and 
Figure 4.19). For the East European Craton we see the opposite with hot temperatures at 
shallow depths (70 and 90 km, Figure 4.15 and Figure 4.16) and extremely low temperatures 
inferred at greater depths (170 and 200 km, Figure 4.18 and Figure 4.19). 
The most consistent feature at all depths is the low-velocity/high-temperature anomaly 
below southern Norway. 
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Figure 4.15: Temperature inverted at a depth of 70 km using the composition of an average continental 
garnet lherzolite (Jordan 1979) and attenuation parameter set Q3 (Shapiro and Ritzwoller 2004). Also 
shown are coast line (solid grey line), 500 m water depth corresponding approximately to the continental 
margin (grey dashed line) and 500 m water depth around Iceland and the Faroese Islands (dotted grey 
line). 
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Figure 4.16: Temperature inverted at a depth of 90 km using the composition of an average continental 
garnet lherzolite (Jordan 1979) and attenuation parameter set Q3 (Shapiro and Ritzwoller 2004). Also 
shown are coast line (solid grey line), 500 m water depth corresponding approximately to the continental 
margin (grey dashed line) and 500 m water depth around Iceland and the Faroese Islands (dotted grey 
line). 
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Figure 4.17: Temperature inverted at a depth of 140 km using the composition of an average continental 
garnet lherzolite (Jordan 1979) and attenuation parameter set Q3 (Shapiro and Ritzwoller 2004). Also 
shown are coast line (solid grey line), 500 m water depth corresponding approximately to the continental 
margin (grey dashed line) and 500 m water depth around Iceland and the Faroese Islands (dotted grey 
line). White colours are plotted for values outside the range depicted in the colorbar. 
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Figure 4.18: Temperature inverted at a depth of 170 km using the composition of an average continental 
garnet lherzolite (Jordan 1979) and attenuation parameter set Q3 (Shapiro and Ritzwoller 2004). Also 
shown are coast line (solid grey line), 500 m water depth corresponding approximately to the continental 
margin (grey dashed line) and 500 m water depth around Iceland and the Faroese Islands (dotted grey 
line). White colours are plotted for values outside the range depicted in the colorbar. 
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Figure 4.19: Temperature inverted at a depth of 200 km using the composition of an average continental 
garnet lherzolite (Jordan 1979) and attenuation parameter set Q3 (Shapiro and Ritzwoller 2004). Also 
shown are coast line (solid grey line), 500 m water depth corresponding approximately to the continental 
margin (grey dashed line) and 500 m water depth around Iceland and the Faroese Islands (dotted grey 
line). 
4.4.2 Vertical cross sections through southern Norway 
Cross sections where made through southern Norway at latitudes of 59 to 64°N (see Figure 
4.20). The inverted temperatures are displayed in Figure 4.21 and Figure 4.22, and absolute 
shear-velocities used in the inversion are shown in Figure 4.23 and Figure 4.24. 
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Figure 4.20: Location of cross sections for temperature inversion (grey solid line). Also shown are coast 
lines (thick black solid line), 500 m water depth corresponding approximately to the continental margin 
(thin black solid line) and 500 m water depth around Iceland and the Faroese Islands. 
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In the westernmost and oceanic part of the profiles in Figure 4.21 high temperatures of 1400-
1600°C are inferred at depths of 70-200 km. Colder mantle is found north of the British Isles 
and very low temperatures in the eastern part where we enter the Baltic Shield. In between, 
we find southern Norway and the apparent high-temperature anomaly. According to the 
temperatures inverted, no thermal lithosphere exists below southern Norway. From the 
pattern in the inverted temperatures it is easy to imagine a broad upwelling of asthenospheric 
material.  
At latitudes 62 to 64°N temperatures get progressively more reasonable as we leave the area 
of the low-velocity anomaly below southern Norway (Figure 4.22). In the western part, just 
south of Iceland, we infer high temperatures and in the eastern part we infer lower 
temperatures. The thickness of the thermal boundary layer (≈ 1200-1400°C isotherm) 
thickens from west to east. Below mid-Norway, at a constant latitude of 64°N, the depth to 
the 1300°C isotherm thickens from 100 km at the continental margin to 205 km in the Gulf 
of Bothnia (Figure 4.22).  
When we invert for temperature we get a slightly different geometry of the anomaly below 
southern Norway. Displayed as a seismic velocity anomaly it looks like a canal transferring 
material from Iceland to southern Norway (Weidle and Maupin 2008, their Figure 15). 
Converted to temperature it has a more decentralised pattern of a broad asthenospheric 
upwelling (Figure 4.21), although connected to Iceland (Figure 4.12). Considering the 
possibly exaggerated variations in seismic velocities, with associated large variations in 
temperature, it is unclear how much we can interpret into this apparent flow pattern below 
southern Norway.    
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Figure 4.21: Temperature inverted at latitude 59, 60 and 61°N. 
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Figure 4.22: Temperature inverted at latitude 62, 63 and 64°N. 
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Figure 4.23: Shear-velocities at latitude 59, 60 and 61°N. 
 
 
Longitude
D
e
p
th
, 
k
m
Shear-velocity at latitude 62
 
 
-20 -15 -10 -5 0 5 10 15 20 25
100
150
200 3800
4000
4200
4400
4600
4800
Longitude
D
e
p
th
, 
k
m
Shear-velocity at longitude 63
 
 
-20 -15 -10 -5 0 5 10 15 20 25
100
150
200 3800
4000
4200
4400
4600
4800
Longitude
D
e
p
th
, 
k
m
Shear-velocity at longitude 64
 
 
-20 -15 -10 -5 0 5 10 15 20 25
100
150
200 3800
4000
4200
4400
4600
4800
 
Figure 4.24: Shear-velocities at latitude 62, 63 and 64°N.
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Chapter 5. Discussion 
5.1 Results from S-wave to temperature inversion 
Other factors than temperature can cause significant low-velocity anomalies: the presence of 
partial melt, volatiles that increase anelasticity and hydrated minerals among others. These 
factors are all difficult to quantify and therefore neglected in the regional inversion of shear-
velocity to temperature. Also, these features are believed to have a more local character than 
the thermal structure. 
If we assume that the mantle below southern Norway have a partly hydrated composition 
and/or contain small fractions of partial melt this will decrease seismic velocities and the 
temperature inversion will infer too high temperatures.  
Contrary to this, high-velocity anomalies result only from low temperatures and depleted 
anhydrous compositions. In the East European Craton (EEC) high velocities in the 
tomographic model are inverted to very low temperatures. Depleted Archean compositions 
can contribute to high velocities and give a positive velocity anomaly of about 1 % (Goes et 
al. 2000). If we assign an Archean composition to the EEC and apply the strongest anelastic 
damping (Shapiro and Ritzwoller 2004), we still infer unphysical low temperatures. The 
high-velocity anomalies can therefore not be completely explained by either temperature or 
standard mantle compositions estimated from xenoliths. It is possible that xenoliths do not 
sample typical cratonic mantle and are biased towards more fertile compositions with more 
clinopyroxene and garnet and less olivine (Griffin et al. 2009). The iron content estimated 
for more depleted dunites and harzburgites in Griffin et al. (2009) is the same (≈ 0.07) as for 
the Archean garnet lherzolite used in this study and will therefore not affect the inverted 
temperatures significantly. We must therefore assume that amplitudes of the high-velocity 
anomalies are exaggerated and it is likely that the same accounts for the low-velocity 
anomalies. 
We therefore do not interpret the low-velocity anomaly below southern Norway to be due to 
extreme temperatures at shallow depth (≈ 1500°C) or to the presence of e.g. partial melt. We 
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suggest that the low-velocity anomaly is caused by raised temperatures but that the 
amplitude of the anomaly is exaggerated.  
As can be seen from the vertical profiles in Figure 4.21 and Figure 4.22 inverted 
temperatures show a pattern of thin lithosphere below southern Norway thickening towards 
both east and west. This gives the impression of a broad asthenospheric upwelling below the 
low-velocity anomaly that extends from Iceland to southern Norway (cf. Figure 4.12).   
5.2 Comparison of results from the two methods 
When we compare temperatures inferred from the geoid-isostasy constrained code (cf. 
Figure 3.37) with temperatures inverted from the surface wave tomography (cf. Figure 4.12), 
there is a similar pattern of warm mantle below southwestern Norway and cooler mantle 
below central parts of Fennoscandia. The gradient in temperature strikes in both cases from 
SW to NE. The great difference is the level of maximum temperatures below southern 
Norway. The geoid-isostasy constrained code infers temperatures in the range of 1100-
1200°C at a depth of 115 km, whereas the inversion of shear-velocity infers temperatures of 
1450-1525°C.  
Temperature-related densities from the shear-velocity to temperature inversion (cf. Figure 
4.13) are similarly low compared to densities from the geoid-isostasy constrained code (cf. 
Figure 3.39).  
Forward calculated shear-velocity from the geoid-isostasy code predict lower velocities 
below southwestern Norway than to the east, but the difference between east and west (cf. 
Figure 3.41 and Figure 3.42) can only explain a fraction of the velocity anomalies inferred 
from surface waves (cf. Figure 1.3). 
5.3 Some considerations of lithosphere stability 
We infer a mantle lithosphere with an average reference density of 3.36 g/cm
3
, within ranges 
inferred for both Phanerozoic and Proterozoic lithospheres (Poudjom Djomani et al. 2001). 
Forward modelling and petrological data compiled by Poudjom Djomani (2001) suggest that 
lithospheres with approximately this average density would be gravitationally unstable in a 
condition of thermal steady-state and with a surface heat flow of 45-50 mW/m
2
. According 
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to this study the mantle lithosphere in southern Norway should therefore be unstable, if the 
surface heat flow is around 50 mW/m
2
. To model thermal equilibrium Poudjom Djomani 
(2001) used the conductive geotherms of Pollack and Chapman (1977). This implies that 
lithospheres with surface heat flow of 45-50 mW/m
2
 have low temperatures and deep roots. 
Which geotherm is used is critical for the conclusion of instability. The geotherms of Pollack 
and Chapman where derived for entire tectonic provinces and it is doubtful whether they are 
applicable for smaller regions. Additionally, they are based on a quite static view of the 
world where the continents continue to cool and increase their thickness forever. 
The modelling of Poudjom Djomani (2001) is in some respects the inverse of the approach 
of our study. They assume that temperatures are known and then determine the buoyancy of 
lithospheres with different reference density. We assume that the continental lithosphere is 
neutrally buoyant (local isostasy) and that both temperatures and reference density are 
unknowns.  
What our modelling do agree on is that mantle lithospheres with reference densities in the 
range of 3.36-3.39 g/cm
3
 require higher temperatures to be neutrally buoyant than 
lithospheres with low reference densities. The suggestion of our modelling is that it is 
perfectly possible to have a medium depleted to fertile mantle lithosphere (ρMRef = 3.36-3.39 
g/cm
3
) in isostatic and thermal equilibrium, as long as the lithosphere is relatively thin and 
the asthenosphere supplies heat to its base. 
5.4 Comparison of geoid-isostasy constrained results with 
other geophysical investigations 
From the geoid-isostasy constrained code we infer thermal lithosphere thicknesses of 
approximately 120 km in the west to 220 km in the east. Due to calibration of the geoid 
heights the absolute value is uncertain, whereas the relative variation in thickness is quite 
robust. The temperatures associated with the variation in lithosphere thickness imply a low-
velocity zone in the western part of approximately - 3 % that tapers out towards the east (cf. 
Figure 3.42). This low-velocity zone that decreases from Caledonian areas towards central 
parts of the Fennoscandian Shield is consistent with the results from Rayleigh wave 
dispersion data (Calcagnile 1982). Other Rayleigh wave dispersion studies have also inferred 
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a low-velocity zone below southeastern Norway (Pedersen et al. 1994, Weidle et al. 2010) 
compatible with the predictions of our code.  
The boundary between low and high shear-velocities strikes from approximate the Oslo 
Graben area to the northeast (cf. Figure 3.41). If we compare this boundary to the map of 
mean P-wave traveltime residuals in Figure 1.4, we see that the boundary between high and 
low velocities follow the interpreted lithospheric transition of Bondo Medhus et al. (2009) 
quite well. Except for the southernmost part of Norway there is a good fit between our 
predicted low-velocity area and the late P-residuals (Bondo Medhus et al. 2009). Bondo 
Medhus et al. (2009) interpreted their results to be caused by thinner lithosphere west of the 
Oslo Graben. Our results support this interpretation (cf. Figure 3.35).  
The P-residuals inferred below southwestern Norway should result in P-wave velocity 
anomalies in the range of 1-3 % (Bondo Medhus et al. 2009). To better quantify the 
comparison with the P-residuals, we should forward calculate P-wave velocity from the 
geoid-isostasy constrained code and convert these to velocity anomalies. 
The thinner lithosphere below southern Norway requires a higher heat influx at the base of 
the lithosphere. We infer a mantle heat flow in the western part of southern Norway in the 
range of 25-28 mW/m
2
 and 15 mW/m
2
 below eastern parts. To maintain these differences we 
need a convecting mantle to deliver heat to different depths in different areas. A model that 
is used to explain the sharp velocity contrast across the Trans European Suture Zone (TESZ) 
is edge-driven convection below a depleted and highly viscous lithosphere with a stepwise 
change in thickness (Hieronymus et al. 2007). This model requires thinning of a formerly 
thick shield lithosphere by some tectonic event. In southern Norway we have several 
candidates for thinning towards the west: postorogenic collapse of the Caledonides in the 
Devonian, rifting of the Oslo and Skagerrak Graben in Permian times and North East 
Atlantic break-up in the Eocene. The model of Hieronymus et al. (2007) predicts a large 
change in base lithosphere heat flux ( ≈ 10 to 30 mW/m2 across the TESZ), which is 
maintained by the convecting asthenosphere. We do not model convection but the equations 
used to calculate asthenospheric temperatures and densities approximate an adiabatic 
convecting asthenosphere and deliver an extra heat influx in western parts of southern 
Norway, simply due to the thinner lithosphere in this area. 
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As discussed in part 2.1 the lithosphere is defined by different physical parameters and it is 
therefore not straightforward to compare the thickness of a seismologically defined 
lithosphere with a thermally defined lithosphere. What the different definitions should have 
in common is their relative variation. In a cold, chemically depleted craton we expect thicker 
lithosphere, defined in all possible ways, than compared to a young basin. Estimates of 
lithospheric thickness from seismic tomographies all increase in thickness from western 
Norway towards the central Baltic shield (Artemieva et al. 2006, and references therein). 
Elastic thickness, that measures the mechanical strength of the lithospheric plate, also 
increases in thickness from west to east (Poudjom Djomani et al. 1999, Perez-Gussinye and 
Watts 2005). Especially the work of Poudjom Djomani (1999) that gives detailed estimates 
of Te variations in Fennoscandia, show similarities with the thermal lithosphere thickness we 
estimate.  
Compared to gravity modelling for southern Norway (Ebbing and Olesen 2005, Ebbing 
2007) our study also predicts lighter material in the upper mantle below the southern 
Scandes. The predicted lateral change in density has a long wavelength and no firm 
correlation with the topography (cf. Figure 3.39 and Figure 1.1). The lower density stems 
from the difference in lithospheric thickness and higher temperatures to the west.   
Results from the geoid-isostasy constrained code tell us that the topography of southern 
Norway is in local isostasy and fit the measured geopotential when the lithosphere of 
southwestern Norway is slightly warmer and thinner than eastern Norway. This is a 
predicted steady-state configuration that also fits the measured surface heat flow and crustal 
structure and is compatible with other geophysical investigations. A model that can sustain 
this steady-state configuration of the lithosphere is edge-driven convection as discussed 
above. What we do not get information about from our results is how this configuration 
came into existence, e.g. what caused thinning of the lithosphere?, what shaped the high 
topography?  
5.5 Conclusions 
The inversion of S-wave velocity to temperature using absolute shear-velocities from the 
surface wave tomography of Weidle and Maupin (2008) shows that velocity variations in 
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this model are too large to be explained by variations in physical parameters, such as 
temperature and composition. 
The inversion to temperature delineates a pattern of a broad asthenospheric upwelling below 
southern Norway. This interpretation should be regarded with caution due to the very large 
amplitudes of the velocity anomalies. 
Large uncertainty exists in the determination of attenuation parameters which transfers to 
uncertainty in the inverted temperatures. The combined uncertainty in the recovery of 
amplitudes of seismic velocity anomalies and uncertainty in attenuation parameters might be 
too large to get useful estimates of temperature from this velocity to temperature inversion. 
A method, developed by Pascal (2006) to calculate gravitational potential stresses in the 
lithosphere, was adapted and further refined. The new version uses local isostasy and geoid 
heights as modelling constraints to infer temperature and temperature-related density 
variations in stable domains. Seismic shear-velocity is forward calculated from the inferred 
distributions of temperature and density. Input data is topography, Moho-depth, geoid 
heights, crustal density and average surface heat flow. 
The application of the method to southern Norway predicts a steep thickening of the thermal 
lithosphere from southwestern Norway towards central parts of the Fennoscandian Shield 
with an increase in thickness of approximately 100 km. Associated with this variation in 
lithosphere thickness is higher temperatures and lower densities below southern Norway 
than further east. Another consequence is the prediction of a low velocity zone at the base of 
the lithosphere in southern Norway, which tapers out towards the east. This prediction is 
consistent with seismic investigations of the lithosphere asthenosphere boundary in 
Fennoscandia (Calcagnile 1982, Pedersen et al. 1994, Weidle et al. 2010). 
The transition from thinner and warmer lithosphere in the west to thicker and colder 
lithosphere in the east follows to a large extent the proposed lithospheric transition in a P-
wave travel time residual study of Bondo Medhus et al. (2009) and supports their 
interpretation in terms of variation in lithospheric thickness. Forward calculation of P-wave 
velocity and anomalies from the geoid-isostasy constrained code would improve the 
comparison of these results. 
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A mysterious region of no apparent solution in the northern part of western Norway is best 
explained by underestimation of Moho depth due to interpolation with off shore data. A 
semimanual change in Moho depth to slightly deeper values, that are comparable to Moho 
depths elsewhere at the Norwegian coast, implies that a solution is found which fits the 
general pattern.   
The geoid-isostasy constrained method was shown to be very sensitive to Moho depth and 
crustal density due to the strength of the isostatic condition. The method would therefore be 
improved by applying it to two-dimensional profiles where Moho depth and crustal 
velocities are well constrained from seismic investigations and by making a more detailed 
model of crustal densities.  
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Appendix 1. Some technicalities 
Conductivity laws for the crust and mantle 
For the crust we use the empirically derived conductivity law of Sass et al. (1992)  
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where k(T) is the temperature dependent thermal conductivity and k0 is the conductivity at 
zero temperature estimated to be 2.5 W/m/K (Slagstad et al. 2009). 
The conductivity law in equation (0.1) is valid from 0 to 300 ºC. For crustal temperatures 
above 300°C a constant value k(300°C) = 2.0 W/m/K is used. 
In the mantle lithosphere we use an experimentally derived conductivity law for olivine from  
Xu et al. (2004). Mantle lithosphere pressures typically are in the range of 1-6 GPa (Moho to 
185 km) and we therefore use the simplified law for pressures at 4 GPa 
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
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T
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where temperature is in Kelvin and k(298) is the thermal conductivity at standard 
temperature and pressure and equals 4.49 W/m/K.  
The conductivity laws stated here describe the temperature dependence of the lattice 
conductivity (phonon component of conductivity). For the olivine-rich part of the mantle 
thermal radiation contributes to transfer of heat (Shankland et al. 1979). The effective 
thermal conductivity is the sum of the lattice component klat and the radiation component kr. 
For temperatures greater than 800 K the radiative component is only weakly dependent on 
temperature (Shankland et al. 1979). We therefore follow the approach of Marton et al. 
(2005) and add a constant value of kr = 1 W/m/K to the lattice conductivity. This is half the 
upper bound for pure, single crystals of olivine given by Shankland et al. (1979). Thus, the 
effective thermal conductivity for the mantle is calculated as  
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where temperature is in degree Celsius. 
Volumetric coefficient of thermal expansion 
The coefficient of thermal expansion αv depends strongly on temperature. Several 
compilations of empirical data exist (Saxena and Shen 1992, Fei 1995), and typically 
thermal expansions are computed from polynomial expressions as in Fei (1995) 
 2)()(  zcTzbTav  (0.4) 
where a, b and c are empirical constants. Temperature is in Kelvin in these expressions, 
which is not always explicitly stated. 
Poudjom Djomani et al. (2001) calculated αv and βL for mantle rocks from empirical data of 
individual mineral properties (Fei 1995). βL varies little with pressure, temperature and 
composition for mantle rocks (Poudjom Djomani et al. 2001) and is taken to be constant for 
the entire lithosphere. For individual minerals we use the data compiled in Saxena and Shen 
(1992) and for mantle bulk rocks we use the averages computed by Poudjom Djomani et al. 
(2001). 
Temperature, pressure and density in the asthenosphere 
Convection is the dominant process governing heat flow and temperature in the 
sublithospheric mantle. We therefore consider the asthenosphere to be in an adiabatic 
thermal state (Turcotte and Schubert 2002).  
From thermodynamics the increase in entropy pr unit mass is given by (e.g. Turcotte and 
Schubert 2002) 
 dpdT
T
c
ds v
p


  (0.5) 
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If no phase changes occur we can set ds equal to zero. Using gdzdp /  and equation (0.5) 
we get the following expression for the sublithospheric mantle adiabat (Turcotte and 
Schubert, 2002) 
 
p
v
s c
gT
dz
dT 
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




 (0.6) 
where s denotes that the process is for a constant entropy. This constant entropy assumption 
of course limits the validity of equation (0.6), because phase changes occur in the mantle at 
several levels. Above the 410 km olivine-spinel phase change the mantle adiabat given in 
equation (0.6) should be reasonable (Turcotte and Schubert 2002).  
Using constant near-surface values of αv, cp and g (given in Appendix 2) we can solve 
equation (0.6) analytically for temperature in the asthenosphere 
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(0.7) 
where Tp is the mantle potential temperature, usually given as 1300°C at zero elevation. 
The mantle adiabatic compressibility βa describes the change in density with pressure under 
adiabatic conditions (Turcotte and Schubert, 2002) 
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An integration of equation (0.8) using gdzdp /  gives density in the asthenosphere as a 
function of depth (Turcotte and Schubert, 2002) 
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where ρAP=0 is the density of the asthenosphere at the mantle potential temperature Tp and at 
zero pressure. The reference density of the asthenosphere at standard pressure and 
temperature, ρARef, is assigned a value typical of fertile mantle (O'Reilly et al. 2001, Poudjom 
Djomani et al. 2001).   
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An integration of gdzdp /  gives the pressure distribution as 
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1
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
 (0.10) 
In our modelling we will use the simple expressions given by equations (0.7), (0.9) and 
(0.10) to calculate temperature, density and pressure in the asthenosphere. Values for 
constants are given in Appendix 2. 
Extrapolation of physical properties 
Elastic moduli μ and K at a given pressure P and temperature T are extrapolated from the 
moduli at standard pressure P0 and temperature T0  
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where X is the iron content. These extrapolations to a given temperature and pressure are 
calculated for the individual minerals using experimental data on moduli and their 
derivatives. Here, we use the data compiled by Goes et al. (2000). 
Bulk rock moduli are estimated using the Voigt-Reuss-Hill averaging scheme (Hill 1952). 
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where λi is the volumetric fraction of mineral i. 
The difference between S-wave velocity estimated from Voigt and Reuss bounds is 
estimated to be less than 0.75 % in the subcontinental mantle lithosphere (Stixrude and 
Jeanloz 2007). Hence, the Voigt-Reuss-Hill average is a good approximation for bulk rock 
properties. 
Appendix 1. Some technicalities 
97 
 
The density of individual minerals at standard pressure and temperature ρ0 is calculated as  
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where 
00 X
 is the density of the mineral endmember with zero iron content. 
Density of each mineral is extrapolated to temperature T and pressure P as 
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where thermal expansion αv is calculated for individual minerals using data compiled by 
Saxena and Shen (1992).  
Bulk density is calculated as the arithmetic average  
 ii
  . (0.17) 
Having calculated bulk rock elastic moduli and density we can calculate the purely elastic S-
wave velocity as 
 

elassV , .
 (0.18) 
Temperature derivatives of anelastic seismic velocity, 
elastic seismic velocity and rock physics parameters  
In the inversion of S-wave velocity to temperature we need to calculate the temperature 
derivatives TVs  / ,  T / , T /  and Ti  /  from compilations of experimental 
data. These derivatives are used in the iteration process and have no influence on the final 
results. Because of a few misprints in the appendixes of Goes et al. (2000) and some 
differences in the calculations (here full expressions are used) all equations are stated 
explicitly. 
We take the temperature derivative of equation (2.17) and get  
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(0.19) 
as in Karato (1993). To calculate the quantity above we need  
elass
TV  / . This one we can 
get from a derivation of equation (2.15) 
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This again requires a calculation of T /  and T / . These we derive from the 
Voigt-Reuss-Hill average in equation (0.13). 
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The temperature derivatives Ti  /  for individual minerals are taken from experimental 
data in the compilation of Goes et al. (2000). The temperature derivative of bulk density 
T /  is given by 
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where we estimate Ti  /  by (Turcotte and Schubert 2002) 
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In this way we calculate  
anels
TV  /  at a given temperature T and pressure P for a given 
composition and iron content X. 
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Appendix 2. Parameters used in this study 
Various parameters 
Table 0.1 Parameters, symbols and references. 
Symbol Quantity Value Reference 
Arc Upper crustal heat production Calculated  
Alc Lower crustal heat production 0.4 μW/m
3
 (Pinet and Jaupart 1987) 
AM Mantle lithosphere heat production 0.01 μW/m
3
 (Rudnick et al. 1998) 
αv Volumetric coefficient of thermal expansion, 
constant value used to compute mantle 
adiabat 
3.0·10
-5
 K-
1
  (Turcotte and Schubert 
2002) 
αv Volumetric coefficient of thermal expansion 
used to calculate density of individual 
minerals in the inversion of shear-velocity to 
temperature 
Temperature-
dependent 
(Saxena and Shen 1992) 
a0, a1, ... Empirical constants used to compute αv for 
individual minerals 
Constants  (Saxena and Shen 1992) 
a Empirical constant used to compute αv for 
mantle bulk rocks 
2.7229·10
-5
 K
-1
 (Fei 1995, Poudjom 
Djomani et al. 2001) 
b Empirical constant used to compute αv for 
mantle bulk rocks 
1.0207·10
-8
 K
-2
 (Fei 1995, Poudjom 
Djomani et al. 2001) 
c Empirical constant used to compute αv for 
mantle bulk rocks 
- 0.1317 K (Fei 1995, Poudjom 
Djomani et al. 2001) 
βa Mantle adiabatic isothermal compressibility 8.7·10
-12
 Pa
-1
 (Turcotte and Schubert 
2002) 
βL Mantle isothermal compressibility 8.0·10
-12
 Pa
-1
 (Poudjom Djomani et al. 
2001) 
cp Specific heat capacity at constant pressure 1000 J/K/kg (Turcotte and Schubert 
2002) 
D Thickness of the radiogenic upper heat 
producing crustal layer (i.e. characteristic 
thickness) 
10 km (Artemieva and Mooney 
2001) 
DC Depth of compensation The base of the 
lithosphere 
(Pascal 2006) 
g Acceleration of gravity 10 kg·m/s
2
 (Turcotte and Schubert 
2002) 
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G Gravitational constant 6.67·10
-11
 
Nm
2
/kg
2
 
(Turcotte and Schubert 
2002) 
h Elevation Variable ETOPO2, (U.S. Department 
of Commerce 2001) 
H0 Isostatic height of the mantle geoid ≈ 3200-4500 m (Turcotte et al. 1977, 
Turcotte and Mcadoo 1979, 
Lachenbruch and Morgan 
1990, Zoback and Mooney 
2003) 
k Thermal conductivity Temperature-
dependent 
(Shankland et al. 1979, Sass 
et al. 1992, Xu et al. 2004, 
Marton et al. 2005) 
k0 Crustal conductivity at the surface 2.5 W/m/K (Slagstad et al. 2009) 
k(300°C) Constant crustal conductivity used for the 
lower crust 
2.0 W/m/K (Sass et al. 1992, Slagstad et 
al. 2009) 
k(298) Mantle conductivity at standard pressure and 
temperature 
4.49 W/m/K (Xu et al. 2004) 
klat Lattice component of thermal conductivity 
in the upper mantle 
Temperature-
dependent 
Xu et al. 2004) 
kr Radiation component of thermal 
conductivity 
1 W/m/K (Shankland et al. 1979, 
Marton et al. 2005) 
keff Effective thermal conductivity  =  klat + kr Temperature-
dependent 
(Shankland et al. 1979, Xu 
et al. 2004, Marton et al. 
2005) 
K Bulk modulus Computed for 
individual 
minerals at high p 
and T from 
experimental data 
(Goes et al. 2000, and 
references therein) 
L Thermal thickness of the lithosphere Computed  
ΔN Geoid anomaly with respect to the 
asthenosphere reference column. 
Computed  
ΔNobs Geoid height with respect to the reference 
ellipsoid 
Variable (Lemoine et al. 1998) 
μ Rigidity Computed for 
individual 
minerals at high p 
and T from 
experimental data 
(Goes et al. 2000, and 
references therein) 
p0 Standard pressure 1 atm  
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pA Pressure in the asthenosphere Computed  
pL Pressure in the continental lithosphere Computed  
Δp Pressure difference Computed  
q Heat flow (flux) Computed  
qM Mantle heat flow into the base of the 
lithosphere 
Computed  
qs Average surface heat flow 50-60 mW/m
2
 (Slagstad et al. 2009) 
Qμ Shear quality factor Calculated (Berckhemer et al. 1982, 
Kampfmann and 
Berckhemer 1985, Sobolev 
et al. 1996, Goes et al. 2000, 
Jackson et al. 2002, Shapiro 
and Ritzwoller 2004) 
R Gas constant 8.314472 (Turcotte and Schubert 
2002) 
ρA Density of the asthenosphere Depth-dependent (Turcotte and Schubert 
2002) 
ρAP=0 Density of the asthenosphere at zero 
pressure and 1300°C 
3203 kg/m
3
, 
computed 
 
ρARef Density of the asthenosphere at standard 
pressure and temperature 
3390 kg/m
3
 (McDonough and Sun 1995, 
Poudjom Djomani et al. 
2001) 
ρM Density of the mantle lithosphere Computed  
ρMRef Mantle lithosphere reference density at 
standard pressure and temperature 
Computed, ranges 
from 3300 kg/m
3 
to 3390 kg/m
3
 
(Poudjom Djomani et al. 
2001) 
ρc,upper Crustal density at the surface 2670 kg/m
3
 (Ebbing 2007, based on 
global reference models) 
ρc,lower Crustal density at Moho depth 2990 kg/m
3
 This study 
ρc,avg Average crustal density 2830 kg/m
3
 (Stratford et al. 2009) 
ρw Water density 1030 kg/m
3
 (Turcotte and Schubert 
2002) 
T0 Standard temperature 25 ºC  
TA Temperature in the asthenosphere Depth-dependent (Turcotte and Schubert 
2002) 
TL Temperature in the continental lithosphere  Computed  
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TP Mantle potential temperature 1300 ºC (Turcotte and Schubert 
2002) 
Ts  Temperature at the surface 0°C (Artemieva and Mooney 
2001) 
Vs,anel Anelastic seismic velocity Calculated  
Vs,elas Elastic seismic velocity Calculated  
Vs,obs Observed seismic velocity Variable (Weidle and Maupin 2008) 
Vs,syn Same as anelastic seismic velocity Computed  
z Vertical coordinate   
zbl Depth of the lithosphere asthenosphere 
boundary 
Computed  
 
Attenuation model parameters 
 The absorption band model of Anderson and Given (1982) 
  RTPVHATPQ /exp),,( **     
where H* + PV* is the activation enthalpy, H* is the activation energy, V* is the activation 
volume, ω is seismic angular frequency (here unit frequency 2π), A is a constant and α is the 
frequency exponent. Absolute temperature T is in Kelvin and R is the gas constant.  
Table 0.2: Q model parameter sets Q1, Q2 and Q3  
 α A H* in kJ/mol V* in m3/mol 
Q1 (Sobolev et al. 
1996) 
0.15 1.48·10
-1
 500 2.0·10
-5
 
Q2 (Berckhemer et 
al. 1982, 
Kampfmann and 
Berckhemer 1985) 
0.25 2.0·10
-4
 584 2.1·10
-5
 
Q3 (Sobolev et al. 
1996, Shapiro and 
Ritzwoller 2004) 
0.15 4.9·10
-2
 500 2.0·10
-5
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The absorption band model as modified by Jackson et al. (2002) 
 RTPVHTAddTTQ om /)(exp),,( **01     
where T0 is the period of the oscillation (seismic wave) and d is the grain size. A and m are 
constants. The activation energy E can be replaced by the activation enthalpy H* + PV* to 
include pressure effects. 
Table 0.3: Q model parameter set Q4 
 α
 
A d in mm m T0 in seconds H* in kJ/mol
 
V* in m
3
/mol
 
Q4 (Jackson et al. 
2002) 
0.26 750 1  0.26 1  424 6.1 
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